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Abstract

Dust-borne iron fertilization of the glacial ocean has been proposed as one key factor
to explain the 80 to 100 ppm lower atmospheric CO, concentration at the Last Gla-
cial Maximum (LGM) compared to the late Holocene. This thesis studies the under-
lying biogeochemical and physical mechanisms in the glacial ocean that determine
regionally diverse response patterns to increased atmospheric deposition of iron, es-
pecially in light of uncertain LGM dust fluxes. While the complexity of implemented
marine biogeochemistry increased, previous modelling studies have failed to take an
integrated Earth system view, simplifying or fully neglecting atmosphere and land
components. Furthermore, the vast majority of studies that consider uncertainties
in dust-borne iron, concentrate on the Southern Ocean (SO) only.

Shifting from an ocean-only modelling perspective and extending the evaluation
of the SO’s iron sensitivity to the global ocean, this thesis employs the fully coupled
biogeochemistry-enabled Community Earth System Model (CESM) and compares
the standard LGM simulation (LGMstd) with a sensitivity experiment where aeolian
dust fluxes are quintupled globally (LGM5i).

Elevated atmospheric iron deposition in LGMb5i further enhances export produc-
tion in the SO, leading to nutrient trapping and transfer of nutrients to the deep
ocean. As a consequence, macro-nutrients are lacking in the global upper ocean
north of 30°S and let marine productivity decrease, most markedly in the North At-
lantic. Elevated phytoplankton activity in the SO and in generally macro-nutrient
rich regions of the Pacific Ocean outweigh declining export production elsewhere,
increasing global carbon export by ~5%. However, nutrient deficiencies in large
areas of the global ocean indicate an upper bound to the effect of iron fertilization
on glacial CO, drawdown.

The crucial role of the SO as a major nutrient provider to the global ocean
does not only challenge the idea of large-scale ocean fertilization as a remedy to
anthropogenic climate change but can also have serious implications on future trends
of marine productivity resulting from global warming induced changes to SO export

production.
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1 Introduction

The Last Glacial Maximum (LGM) is the period during the most recent major gla-
ciation when global ice sheets reached their maximum extent, peaking at around
21,000 years before present (BP) (Mix et al. 2001). Vast ice cover, decreased tem-
peratures and a lower sea level characterise the LGM (Clark et al. 2009, Annan
and Hargreaves 2013). Atmospheric carbon dioxide (CO3) concentrations were re-
latively stable at ~190 ppm compared to 280 ppm in pre-industrial times (Schmitt
et al. 2012). Since the first ice core measurements revealed this significant glacial-
interglacial difference in the 1980s (Delmas et al. 1980, Neftel et al. 1982), research
has centred around solving this CO5 enigma.

Martin (1990) hypothesised lower COs levels to be the result of relieved iron (Fe)
limitation at the LGM that fuelled biological production by phytoplankton and thus
CO, sequestration. This theory was based on iron fertilization experiments in the
subarctic Pacific Ocean that led to locally enhanced marine productivity (Martin
and Fitzwater 1988). Besides the macro-nutrients nitrogen (N) and phosphorus (P),
phytoplankton growth depends on vitamins and micro-nutrients, such as Fe (Moore
et al. 2013b). In the modern ocean, N is the main limiting nutrient to phytoplankton
growth, except for the SO, the subarctic North and the eastern equatorial Pacific
Ocean where N and other necessary macro-nutrients are abundant but Fe deficiencies
limit phytoplankton growth (Moore et al. 2013b). These so-called High-Nutrient
Low-Chlorophyll (HNLC) regions with currently low Fe levels have been proposed
as the key areas of additional glacial CO4 sequestration (Martin et al. 1991).

At the LGM, Fe limitation was relieved by atmospheric deposition of wind-borne
mineral aerosols, hereafter referred to as dust (Martin 1990). Simultaneous with in-
creasing evidence of 80 to 100 ppm lower atmospheric CO, at the LGM, ice core
analysis revealed substantial increases in glacial dust fluxes in Greenland and Ant-
arctica (Hammer et al. 1985, Petit et al. 1981). While these findings were locally
constrained, more recent research suggests a high correlation of interhemispheric
dust fluxes, indicating climate-related changes in dust lux may have changed glob-

ally (Winckler et al. 2008). Global-scale interpolated dust fluxes were on average 4
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times higher in the LGM than during the Holocene (Lambert et al. 2015), support-
ing the theory that glacial changes to the global Fe inventory have played a vital
role in reducing atmospheric COs.

The global magnitude of the effect, however, remains under-constrained with
estimates ranging from a 40 ppm CO, drawdown (Watson et al. 2000) to only one
tenth of the upper bound, 4 ppm, in Muglia et al. (2017). From early box models
(e.g. Lefevre and Watson 1999, Watson et al. 2000) to Earth System Models (ESMs)
of intermediate complexity (e.g. Brovkin et al. 2007, Bouttes et al. 2011) to global
ocean biogeochemistry models coupled to a single-level atmosphere (e.g. Oka et al.
2011, Lambert et al. 2015) — evolving knowledge on ocean biogeochemical cycles
and the interplay of ocean dynamics and marine productivity fuelled a large body
of research. Despite these efforts, uncertainties concerning the scale of atmospheric
Fe deposition and its fertilization effect on regional to global scales persist. Fur-
thermore, no published study so far has employed a coupled Earth System Model
simulating the dynamic interactions of biospheric dust mobilisation, aeolian trans-
port and ocean biogeochemical response, and its effect on atmospheric COs.

In this thesis, simulations of the Community Earth System Model (CESM),
including coupled atmosphere, land, ocean and sea ice components, are used to
study the effect of marine iron fertilization at the LGM. In line with previous
research (e.g. Muglia et al. 2017, Yamamoto et al. 2019), a standard LGM simulation
(LGMstd) is complemented by a sensitivity simulation where aeolian dust fluxes are
increased fivefold after 3000 simulation years (LGMS5i). This does not only allow
to study the effect of uncertainties in atmospheric deposition and Fe bioavailability
on phytoplankton growth. It further permits to analyse the temporal evolution of
marine productivity, i.e. the short and long-term effects, under relieved Fe stress in
an idealised set-up. I will evaluate the export of Particulate Organic Carbon (POC)
out of the surface ocean, also called ‘export production’, as a suitable measure for
marine productivity, or rather the effect of changes in phytoplankton growth on CO,
sequestration.

Based on these simulations the thesis will answer the following guiding questions:

1. What is the temporal relationship between increases in dust-borne Fe input

and export production?

2. How do macro-nutrient patterns respond to changes in export production,

globally and at basin-scale?

3. Which processes act to reduce/enhance export production on short and longer



timescales, and how do these mechanisms explain diverging spatial responses?

Understanding the underlying biogeochemical and physical processes that control
marine carbon (C) uptake in the LGM ocean is crucial to constrain the magnitude of
glacial iron fertilization, develop theories on future global warming induced changes
to marine productivity and evaluate deliberate ocean fertilization which is regularly
proposed as a means to mitigate anthropogenic climate change (Harrison 2017, Yoon
et al. 2018, Emerson 2019).

The thesis commences with a description of marine biogeochemistry and its in-
teraction with physical ocean dynamics, followed by a brief characterisation of the
LGM and associated changes in the glacial ocean. The iron fertilization hypothesis
is introduced and its analysis in proxy-based reconstructions and model studies is
reviewed (Chapter 2). Chapter 3 summarises the methodological approach includ-
ing a description of the CESM and its Ocean Biogeochemistry Module (BEC) as
well as the performed simulations. Resulting modelled export production, nutrient
distributions and limiting factors to phytoplankton growth are analysed (Chapter 4)
and discussed against the background of recent modelling studies, marine sediment
based reconstructions and model limitations (Chapter 5). The thesis concludes with
a summary of the main findings and an outlook on desirable model improvements

and potential future research questions (Chapter 6).



2 Theoretical Background

Analysing iron fertilization of phytoplankton as a means to have bound excess C
during the LGM requires a sound understanding of the underlying biological, chem-
ical and physical processes (Section 2.1). How do the biogeochemical cycles of C
and nutrients interact and what role does global ocean circulation play? Section
2.2 revolves around these mechanisms against the background of an altered LGM
climate with a special focus on the iron fertilization hypothesis. What evidence do
palaeorecords provide for this theory (Section 2.2.2.1)7 How has an increasing body

of model studies advanced our knowledge of its global magnitude (Section 2.2.2.2)?

2.1 Marine Biogeochemistry & Oceanic Circulation in
the Global Ocean

2.1.1 The Soft Tissue Pump

The marine C cycle is often conceptualised as the interaction of three ‘pumps’ de-
termining ocean C storage: the ‘solubility pump’, the ‘carbonate pump’ and the
‘soft, tissue pump’ (Volk and Hoffert 1985). The solubility pump accounts for the
strongly temperature dependent solubility of COy which increases with increasing
Sea Surface Temperature (SST). The carbonate pump affects C storage via the
production of calcium carbonate (CaCOj3) and its subsequent transport to depth.
While all three mechanisms provide explanations for present-day as well as glacial
marine C sequestration, it is the soft tissue pump that is of particular importance
with regard to iron fertilization.

The soft tissue pump describes the process of surface ocean C fixation by phyto-
plankton and subsequent downward flux in the form of POC (Volk and Hoffert 1985).
In the euphotic zone, i.e. the subsurface ocean receiving sufficient sunlight for photo-
synthesis to occur, dissolved COs is transformed into POC via biological production
by phytoplankton. Net Primary Production (NPP), i.e. photosynthetic C fixation

less the respiratory release of COs, is driven by CO,, temperature and light as well
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as the availability of macro- and micro-nutrients (Finkel 2014). During photosyn-
thesis, the colour pigment chlorophyll acts as a photoreceptor, absorbing sunlight
and converting it into the energy required for growth. Chlorophyll concentration as
an easily observable quantity, via remote sensing, in situ measurements and discrete
sampling, is often used as a proxy for observed phytoplankton primary productivity
(e.g. Felip and Catalan 2000, Huot et al. 2007). While these microorganisms ex-
hibit an extreme diversity (Beardall et al. 2009), common classification distinguishes
between larger diatoms, N-fixing diazotrophs, calcifying coccolithophores and small
or pico-phytoplankton (Dutkiewicz et al. 2020).

Most of the organic C produced in the upper ocean re-enters the C cycle through
heterotrophic respiration by zooplankton and bacteria. Only a small fraction of
organic C fixed through NPP is exported into deeper waters where it remineralizes
or — if escaping remineralization — is buried in the sediments. This flux of sinking
POC, also called ‘export production’, is responsible for CO, sequestration on decadal

to millennial timescales, depending on its path (Hain et al. 2014).

2.1.2 Biogeochemical Nutrient Cycles

As mentioned above, phytoplankton’s biological productivity in the upper ocean
depends on the availability of nutrients, namely the macro-nutrients nitrogen (N),
phosphorus (P) and silicon (Si) as well as various micro-nutrients, such as Fe, co-
balt and manganese (Moore et al. 2013b). The distribution of these nutrients in
the ocean is governed by biogeochemical as well as physical processes. Nutrients
are transformed between inorganic and organic, dissolved and particulate forms via
biological and chemical mechanisms. Vertical and horizontal physical transport and
mixing redistribute nutrients on local to global scales (Williams and Follows 2003).

In the following, I will briefly describe the biogeochemical cycles of N, P and
Si individually before summarising the main mechanisms of vertical and horizontal
transport applying to all of them. The Section will be concluded by a conceptual-

isation of marine Fe cycling.

2.1.2.1 Nitrogen

The marine N cycle is one of the most complex biogeochemical cycles due to its
presence in various oxidation stages, ranging from NHJ to NOj, and their multiple
interactions (Zehr and Kudela 2011). The major sources of fixed N, i.e. N that
is bioavailable to marine organisms, are biological nitrogen gas (Nj) fixation and

atmospheric deposition (Pajares and Ramos 2019). The conversion of dissolved

b}
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N, into bioavailable N by diazotrophs is the only biotic process contributing N to
the ocean. In balance with the major sink processes, denitrification and anaerobic
ammonium (NH,) oxidation, it determines to first order the bioavailable N inventory
of the ocean (Gruber 2008). Retention of fixed N through nitrification, anaerobic
respiratory ammonification and N assimilation transforms N species between its
different oxidation states (Pajares and Ramos 2019).

Dissolved inorganic N — nitrate (NOjs), nitrite and NH, — is assimilated by
primary producers, such as phytoplankton, algae and bacteria, and thus plays a
vital role for the efficiency of the soft tissue pump (Gruber 2008). N is essential
for phytoplankton growth and in the modern ocean often in short supply relative to
other nutrients (Moore et al. 2013b). Photosynthetically fixed N befalls the same
fate as organic C: most of it is either respired or remineralized in the euphotic zone.
A smaller fraction escaping remineralization is exported into the deeper ocean where
it remineralizes or is incorporated into sediments (Zehr and Kudela 2011). If trans-
ported back to the euphotic zone, remineralized inorganic N re-enters the cycle of
phytoplankton growth and decay (Gruber 2008).

The majority of fixed N exists in the form of NO3, with nitrite and NH, making
up only a tiny fraction of bioavailable N. Despite the NH, inventory being about
three orders of magnitude smaller than NOg, it is a critical component of the upper
ocean N cycle (Gruber 2008). Because of its short turn-over time of weeks to months,
NH, is not suitable for the analysis of the global distribution of fixed N in the upper
and deep ocean. Instead, measurement campaigns of marine NO3 concentrations
have shed light on the interaction of biogeochemical cycling and large-scale oceanic

transport (see Section 2.1.3).

2.1.2.2 Phosphorus

Phosphorus in the form of orthophosphate (PO,), in the following simply referred
to as phosphate, plays a key role in photosynthesis. Unlike N, P cannot be fixed
from the atmosphere but is mainly transported into the ocean in its particulate
and dissolved phases via rivers or deposited through aerosols, volcanic ash and dust
(Paytan and McLaughlin 2007).

P occurs in both particulate and dissolved, organic and inorganic forms with the
driver of biological productivity, POy, generally in the form of dissolved inorganic
P. POy is assimilated by phytoplankton and, like C or N, transformed into organic
compounds. Phytoplankton decay and zooplankton excretion release dissolved in-

organic and organic P back to the ocean, where it either re-enters the cycle through
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assimilation by phytoplankton or bacteria or adsorbs to sinking particulate organic
matter. The main sink of P is the deposition and burial of its particulate forms in

marine sediments (Paytan and McLaughlin 2007).

2.1.2.3 Silicon

Silicon has not received the same attention as N and P during the 20" century
despite being strongly intertwined with their cycles as it is required for diatom
growth (Tréguer and Rocha 2013). Marine input of dissolved silicic acid, ultimately
supplied by chemical weathering, includes continental, aeolian, hydrothermal and
marine sediment sources. In the euphotic layer, siliceous organisms, such as diat-
oms, use silicic acid to build shells of biogenic silica. A fraction of this so-called
opal is directly recycled in the upper ocean, while the remainder is exported to
the deep ocean (Tréguer and Rocha 2013). Subsequent regeneration of silicic acid
from less labile biogenic silica takes place at greater depths than remineralization of
Particulate Organic Matter (POM) from other major nutrients. Non-remineralized
silica is permanently removed from the water column via burial in marine sediments
(Rocha 2007).

The uptake of dissolved Si by phytoplankton does not only depend on the availab-
ility of silicic acid but is also very sensitive to Fe concentrations. Under conditions of
Fe limitation, diatoms’ consumption of silicic acid increases substantially, although
at slower growth rates (Rocha et al. 2000, Leynaert et al. 2004). This close link
between Si and Fe biogeochemistry is especially relevant against the background of
glacial relieve of Fe limitation. Antarctic waters that are Si depleted today might
have been silicic acid rich at the LGM (Brzezinski et al. 2002). Northward transport
of excess silicate (SiO3) to lower latitudes, also termed ‘silicic acid leakage’, could
have enhanced diatom production outside the SO at the expense of coccolithophores
(Matsumoto et al. 2002). Subsequent changes in the ratio of CaCO3 to POC supply
to the sea floor could have affected the burial of C in deep sea sediments via changes
in ocean alkalinity (Archer and Maier-Reimer 1994). A decrease in the CaCO3:POC
rain ratio due to the relative increase of SiOj fuelled diatom growth could have
increased atmospheric COq sequestration by increasing seawater alkalinity (Archer
and Maier-Reimer 1994, Brzezinski et al. 2002). More recent studies, however, in-
dicate that this mechanism did not affect biological C uptake significantly (Kienast
et al. 2006, Hendry et al. 2016, Hendry et al. 2020).
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2.1.2.4 The Redfield Ratio

Carbon and nutrient cycles are closely interwoven: changes to the distribution of
bioavailable nutrients strongly influence the efficiency of the soft tissue pump, which
in turn affects the export of nutrients into the deeper ocean and its subsequent
transport. In his pioneering work, Alfred Redfield (1934, 1958) discovered that
phytoplankton contain the three elements C, N and P in a remarkably fixed atomic
ratio of ~ 105 : 16 : 1 across depths and ocean basins.

In the past 80 years, this constant elemental stoichiometry has been revisited
in a multitude of studies showing, i.a. that it varies by phytoplankton type or
under conditions of nutrient limitation (Moreno and Martiny 2018). However, the
overall consistency of the ratio as an average over the time and spatial scales of the
global ocean has been confirmed (“Eighty years of Redfield” 2014). The Redfield
ratio is widely used in models of marine biogeochemistry, partially refined by e.g.
phenotypical differentiation or amended by other nutrients, such as Si or Fe (e.g.
Moore et al. 2013a, Ilyina et al. 2013, Stock et al. 2014).

2.1.3 Global Ocean Circulation and Macro-Nutrient Patterns

While chemical and biological properties of the major nutrients differ, the main
mechanisms of vertical and horizontal flux apply to all of them. In the euphotic
zone, inorganic nutrients are consumed and converted into organic matter of which
a small amount is then exported to the deeper ocean via gravitational settling of
particles and subduction of Dissolved Organic Matter (DOM). As a consequence
of subsequent remineralization, inorganic nutrients accumulate at depth, enriching
deep waters that are essential for the physical supply of nutrients to the upper ocean
(Williams and Follows 2003).

Traditionally, vertical mixing through advection, diffusion and convection has
been considered the main mechanism of physical supply of nutrients. While this
holds true for upwelling regions, the diapycnal diffusivity outside these regions is not
high enough to explain the vertical nutrient distributions (Freilich and Mahadevan
2019). Instead, the nutrient supply is maintained by global-scale ocean circulation
and smaller-scale horizontal transport (Gruber 2008) as summarised in Figure 2.1
and detailed in the following paragraphs.

The thermocline nutrient distribution is shaped by major anticyclonic gyres con-
fined to each hemisphere and ocean basin (Gruber 2008, Letscher et al. 2016). The

gyre movement is characterised by near-surface flow at the poleward outcrops which
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Figure 2.1: Schematic of the global overturning circulation from Talley (2013).

descends to depth along the eastern margin. These cold eastern boundary cur-
rents are associated with coastal upwelling systems, providing abundant nutrients
to the marine ecosystem. Subsequent westward flow along the equator turns into the
western boundary current at the western flank of the subtropical gyres, advecting
nutrients poleward (Clayton et al. 2017). In the Southern hemisphere, the Antarctic
Circumpolar Current (ACC) functions as the southern boundary to subtropical gyre
flow, connecting all major ocean basins.

Deep water nutrients are determined by the lower branch of the basin overarch-
ing, global Meridional Overturning Circulation (MOC) (Williams and Follows 2003,
Gruber 2008). The two major regions of newly ventilated water supply to the deep
ocean are the North Atlantic and the SO. Indian and Pacific Deep Water is formed
diffusively within the respective basins from inflowing deep waters (Talley 2013).

In the Atlantic, relatively warm, nutrient-poor surface water reaching the high
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latitudes is transformed into colder, deep water gradually accumulating remineral-
ized nutrients during sinking. This North Atlantic Deep Water (NADW) returns
southward at depth into the SO where most of it flows across and upwells south of
the ACC. Upwelled NADW mixes with local waters in the SO, increasing in density
until it eventually sinks to form deep Antarctic Bottom Water (AABW) (Rahm-
storf 2013). While following the strong eastward flow associated with the ACC, the
SO’s nutrient concentrations increase through accumulation of sinking particles and
exchanges with Indian and Pacific waters (Williams and Follows 2003).

The densest water remains in the SO. Less dense AABW flows northward into all
three ocean basins where it upwells into local deep waters, i.e. the North Atlantic,
Indian and Pacific Deep Water. While AABW is the sole source of deep water
to the Pacific and a major source to the Indian Ocean, it only plays a minor role
in the Atlantic compared to its northern originated NADW. The Atlantic deep
layer is mostly sourced from sea surface and hence low nutrient waters while the
Pacific and Indian deep layers are almost entirely sourced from nutrient-rich upwelled
bottom waters (Talley 2013). Upwelling Indian and Pacific Deep Water in the
tropics and subtropics provide nutrients to the surface ocean. In the North Pacific, a
comparatively weak overturning cell is associated with the formation of North Pacific
Intermediate Water (NPIW) (Talley 2013). Despite its minor contribution to global-
scale overturning, being mostly detached from NADW and AABW circulation, it
plays a vital role for thermocline nutrient supply and maintenance of biological
production in the North Pacific Ocean (Sarmiento et al. 2004, Nishioka et al. 2020).

Returning Indian and Pacific Deep Water flow back into the SO above the denser
NADW, partly joining deep waters to form AABW, partly moving northward at the
sea surface joining Subantarctic Mode Water (SAMW) and Antarctic Intermediate
Water (AAIW) (Talley 2013). Antarctic surface water is transformed into AAIW
equatorward of the Polar Front and subducts at the Subantarctic Front. SAMW is
formed equatorward of AAIW formation via mixed layer deepening during the aus-
tral winter (Hartin et al. 2011). These thermocline waters characterised by enhanced
nutrient concentrations circulate within the subtropical gyres of the Southern Hemi-
sphere, eventually flowing into the North Atlantic feeding NADW, closing the circle
between subsurface gyre flow and deep ocean pathways (Talley 2013). SAMW is cru-
cial for the supply of nutrients to thermocline waters. Changes in nutrient export of
SAMW source regions affect nutrient distributions on global scales (Sarmiento et al.
2004).
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2.1. MARINE BIOGEOCHEMISTRY & OCEANIC CIRCULATION IN THE
GLOBAL OCEAN

2.1.4 Marine Iron Biogeochemistry

The micro-nutrient iron assumes a central role in modulating marine productivity
and thus the capacity of the ocean to act as a C sink (Tagliabue et al. 2017). Due
to its relatively short residence time it is less affected by large-scale global ocean
circulation but exhibits nutrient-like profiles uncharacteristic of elements with similar
residence times (Johnson et al. 1997). Understanding of the Fe cycle in the ocean has
advanced significantly in the past decades, painting an increasingly comprehensive
picture of sources, sinks and their dynamic interactions (Boyd and Ellwood 2010,
Tagliabue et al. 2017).

External Fe sources to the ocean include atmospheric dust, coastal and shallow
sediments, hydrothermal activity, sea ice, riverine influx and volcanism (Boyd and
Ellwood 2010). The trace metal occurs in the form of particulate and dissolved Fe,
while the latter is further partitioned into soluble and colloidal phases (Wu et al.
2001). Colloids are compounds so small to operationally, by means of filtration, be
part of the dissolved Fe pool despite their particle status. The following processes of
removal and supply acting upon externally sourced Fe lead to the above-mentioned
nutrient-like profile of dissolved Fe with relatively low concentrations in the subsur-
face ocean, increasing with depth (Boyd and Ellwood 2010).

Bioavailable Fe in the upper ocean is taken up by marine plankton as well as
heterotrophic and autotrophic bacteria (Boyd and Ellwood 2010). Iron availability
is determined both by external sources and recycling of biogenic Fe by zooplank-
ton, viruses and heterotrophic bacteria, rapidly mobilising biogenic Fe for biological
uptake. Along with Fe uptake and biological cycling, iron-binding ligands are pro-
duced, exerting control over Fe regeneration and scavenging (Tagliabue et al. 2017).
Excess production of iron-complexing ligands is assumed to maintain Fe in solution
and is thus a critical supply mechanism (Lauderdale et al. 2020). Despite increas-
ing knowledge on ligand sources and cycling, considerable uncertainty concerning
its dynamics remains (Tagliabue et al. 2017), leading to diverse treatment of these
processes across models (e.g. Parekh et al. 2008, Moore et al. 2013a).

Removal of Fe from the upper ocean via biological uptake and subsequent sink-
ing of particulate matter is partially balanced by remineralization, releasing Fe and
organic ligands into both soluble and colloidal pools. Due to longer remineraliza-
tion length scales relative to other major nutrients, Fe replenishes the deep water
inventory more effectively (Tagliabue et al. 2017). In the ocean interior, scavenging
of biologically degraded and transformed Fe onto lithogenic and organic particles

further removes Fe. When scavenging exceeds remineralization, deep-water Fe con-
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centrations do not increase progressively as is characteristic for other major nutrients
(Boyd and Ellwood 2010).

Iron biogeochemistry is closely interwoven with cycles of C, N and P via bio-
logical production by phytoplankton. In the modern ocean, the micro-nutrient is
the limiting growth factor in the Antarctic region, the eastern equatorial and North
Pacific (Moore et al. 2013b). Before reviewing the implications of altered aeolian
transport of dust, and hence iron, for glacial atmospheric CO, concentrations (see
Section 2.2.2), I will briefly describe the main climatic features of the LGM as well as
relevant deviations of oceanic circulation and nutrient inventories from pre-industrial

times.

2.2 The Last Glacial Maximum

The LGM is defined as the most recent episode in Earth history when ice sheets
reached their global maximum extent during the last ice age (Mix et al. 2001).
Based on measurements of mean ocean water oxygen isotope ratios and glacial sea
levels inferred from tropical reef and coastal sediment cores it is dated to a time
frame of 24,000 to 18,000 years BP (Mix et al. 2001) with an ice volume, expressed
as ice-equivalent sea-level lowering, of 118 to 135 m (Clark and Mix 2002). Despite
increasing evidence for regional differences concerning the timing of maximum extent
and onset of deglaciation (Clark et al. 2009, Hughes et al. 2013), the centre of the
LGM has remained at around 21,000 years BP (Mix et al. 2001). Globally, ice
sheets had reached their maximum volume by that time, responding to changes in
external forcing, most prominently declining northern summer insolation, tropical
Pacific SST and atmospheric CO, (Clark et al. 2009).

Reconstructions of mean global temperature suggest an LGM cooling of
4.0 £ 0.8°C compared to pre-industrial levels (Annan and Hargreaves 2013), with
mean global ocean temperatures around 3 °C colder than today (Bereiter et al. 2018).
Closely correlated to decreased temperatures, atmospheric CO5 was approximately
30% lower at the peak of the Last Glacial Period than during the pre-industrial
Holocene, as early ice core measurements revealed (Delmas et al. 1980, Neftel et al.
1982).

The LGM climate was colder and globally drier with an equatorward shift of
climate zones compared to pre-industrial. These climatic changes together with a
shifting vegetation — high-latitude treeless vegetation replaced boreal forests (Har-

risson and Prentice 2003, Binney et al. 2017), subtropical deserts expanded and
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tropical forests were taken over by more drought-tolerant grasslands and savannas
(Prentice and Jolly 2000, Marchant et al. 2009, Lu et al. 2013) — explain increased
aeolian dust loading during the LGM (Harrison et al. 2001). In some regions, atmo-
spheric dust concentrations were by an order-of-magnitude larger than during the

late Holocene (Harrison et al. 2001, see Section 2.2.2.1 for more details).

2.2.1 Changes to Ocean Circulation and the Soft Tissue Pump

Along with these dramatic changes in LGM climate, glacial physical and biogeo-
chemical ocean dynamics were not invariably alike modern conditions as described
in Section 2.1.3. While the scientific debate is still on-going (Galbraith and Skinner
2020) and potential changes to the circulation in the Pacific Ocean remain under-
constrained (Du et al. 2020), the following main features of the LGM ocean have
been identified.

In the Atlantic, a weakening of the large-scale overturning circulation was ac-
companied by an intensification of the vertical density gradient (Adkins 2013). The
boundary between the two main water masses, NADW and AABW, shoaled while
reduced mixing and enhanced stratification strengthened the two-cell structure of
the northern and southern source waters (Adkins 2013). Deep water formation in
the North Atlantic shifted southward, potentially divided into Glacial North At-
lantic Intermediate and Glacial North Atlantic Bottom Water (Howe et al. 2016, see
Figure 2.2).

In the glacial North Pacific, the production of NPIW strengthened and deepened
(Kim and Park 2008, Okazaki et al. 2012). Well-ventilated and nutrient-poor NPIW
occupied the upper 2000 m, with less ventilated and nutrient-enriched deep water
below (Okazaki et al. 2012). The transport of southern source waters into the deep
Pacific decreased (Du et al. 2018) as did the export of AABW from the Weddell Sea
(Huang et al. 2020). The reduction in global overturning circulation rate presum-
ably affected both Atlantic and Southern Ocean Meridional Overturning Circulation
(AMOC and SOMOC in Figure 2.2) (Du et al. 2020).

At the level of the soft tissue pump, the temperature dependency of the under-
lying biological processes altered phytoplankton primary productivity and export
production during the LGM. Maximum phytoplankton growth rates are estimated
to have been reduced by ~15% at a 3°C cooling (Kremer et al. 2017). Respiration
rates of selected species declined by a similar order of magnitude (Heine et al. 2019).
How far the interplay of these counteracting processes acted to reduce or enhance
export production is still under debate (Matsumoto 2007, Chikamoto et al. 2012) —
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and also highly dependent on other factors, such as light and nutrient availability.
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Figure 2.2: Schematics of the structure of the global MOC in the LGM (A) and modern
times (B). (A) Pathways of Glacial North Atlantic Intermediate Water (GNAIW) and Gla-
cial North Atlantic Bottom Water (GNABW). (B) Atlantic Meridional Overturning Circu-
lation (AMOC) and Southern Ocean Meridional Overturning Circulation (SOMOC) with
pathways of Antarctic Intermediate Water (AAIW), Antarctic Bottom Water (AABW),
North Atlantic Deep Water (NADW) and Pacific Deep Water (PDW). Line thickness
indicates hypothetical circulation strength. Adapted from Du et al. (2020), Figure 13.

Seasonal sea ice changes influenced phytoplankton light limitation and led to
deeper mixing during winter replenishing the surface ocean with nutrient-rich deep
water (Abelmann et al. 2015). Changes to the macro-nutrient inventory of the gla-
cial ocean include, for example, a suggested increase in N on the order of 10 %
derived from both model studies (Schmittner and Somes 2016) and reconstructions
from benthic foraminifera, a group of shelled zooplankton living in marine sedi-
ments (Glock et al. 2018). N fixation as the main source of bioavailable NO3 was
likely reduced during glacial times (Ganeshram et al. 2002, Somes et al. 2017).
Simultaneously, the main mechanism of N loss, denitrification in Oxygen Minimum
Zones (OMZs), weakened thus counteracting or even outweighing reduced Ny fixa-
tion (Schmittner and Somes 2016, Glock et al. 2018).

One of the most prominent examples of altered nutrient distributions during the

LGM is the increase of dust-borne Fe in the glacial ocean.

2.2.2 Iron Fertilization during the LGM

Various hypothesis have been put forward to explain the 80 to 100 ppm drawdown
of atmospheric CO, at the peak of the Last Glacial Period, ranging from well known
SST dependent CO» solubility to the highly uncertain effect of terrestrial weathering
on the LGM climate (Kohfeld and Ridgwell 2009). In this field of tension of known
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knowns and unknown unknowns lies the iron fertilization hypothesis: while well
understood in its biogeochemical mechanism, estimates of its magnitude vary widely
(e.g. Lambert et al. 2015, Muglia et al. 2017).

In the 1990s, in-situ experiments of Fe enrichment in Subarctic and Antarctic
waters led to substantially increased NOj utilization and enhanced phytoplankton
growth in the HNLC regions (Martin and Fitzwater 1988, Martin et al. 1990). These
observations, together with evidence from ice cores of increased continental dust
fluxes during the LGM (Petit et al. 1981, Royer et al. 1983, Legrand et al. 1988),
gave birth to the iron fertilization hypothesis: Increased deposition of dust-borne
Fe on the ocean surface in regions otherwise limited by this micro-nutrient resulted
in phytoplankton fertilization and thus elevated marine productivity and enhanced
COs sequestration during the LGM (Martin 1990). Since the early formulation of
this theory, both observational studies of ice and sediment cores as well as model

simulations of the LGM have explored this further.

2.2.2.1 Palaeorecords of Atmospheric Dust Load, Marine Deposition and Pro-

ductivity

Ice core records and loess-palaeosol sequences function as archives of glacial-
interglacial dust variations. Analysis of Antarctic and Greenland ice cores have
continuously exhibited high atmospheric dust concentrations in times of low atmo-
spheric COy (Petit et al. 1981, Steffensen 1997). Compared to Holocene values,
LGM dust levels were elevated by a factor of ~20 in Antarctica (e.g. Petit et al.
1981, Fuhrer et al. 1999, Delmonte et al. 2002), and even by a factor of 100 at
several drilling sites in Greenland (e.g. Steffensen 1997, Ruth et al. 2003, Simonsen
et al. 2019). Dust records from ice cores outside the polar regions covering the Last
Glacial Period are rarer and paint a mixed picture of increased (Thompson et al.
1995) and decreased (Thompson et al. 1998, Wu et al. 2004) mineral aerosol concen-
trations in South America and China, the latter due to regionally wetter conditions
and expanded snow cover.

Complementing information on past dust conditions outside glacial regions can
be provided by loess-palaeosol records (Ujvéri et al. 2017). Enhanced terrestrial dust
accumulation is i.a. reported for Europe (Fitzsimmons et al. 2012), North America
(Roberts et al. 2003) and Asia (Kohfeld and Harrison 2003). Together with ice core
analysis, loess records do not only shed light on the magnitude of glacial-interglacial
dust variation, but also confine dust source regions (Muhs et al. 2014). However,

these palaeoproxies do not give insights into the consequences of increased aeolian
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dust transport during the LGM for marine productivity and mineral utilization.

Marine sediment cores provide a unique tool to investigate this interaction between
aeolian Fe deposition and biological productivity. In the past decades, multiple stud-
ies inferring export production from a variety of proxies have been performed (i.a.
Kowalski and Meyers 1997, Mortlock et al. 1991, Dezileau et al. 2003, Loubere et al.
2004). The diversity of analysed proxies obscures comparison and most studies focus
on one single proxy to reconstruct marine productivity. Direct flux measures of or-
ganic C or biogenic opal are a product of surface flux, lateral transport, preservation
and dissolution. Indirect measures, such as radiogenic isotopes that were scavenged
onto particles and are thus associated with particle flux, might be distorted by ad-
ditional scavenging near continental margins or preferential adsorption to certain
particles.

Considering available flux measures collectively and further normalising by con-
stant flux proxies, 22°Th or “Be, to account for the effects of lateral sediment re-
distribution can remedy this (Kohfeld and Ridgwell 2009). Hence, recent research
trying to answer the question of iron fertilization employs a multi-proxy approach,
often in combination with reconstructions of dust deposition and the degree of NO3
consumption. Site locations cover the Southern Atlantic (Martinez-Garcia et al.
2014), the Equatorial Pacific (Costa et al. 2016) and the Subantarctic Zone around
New Zealand (Durand et al. 2017). While all studies report an increased dust or Fe
flux to the ocean during the LGM, regional evaluations of the iron hypothesis differ.

In the central Equatorial Pacific, Costa et al. (2016) find that the degree of NOg
consumption as well as marine productivity did not increase in the LGM despite two
to three times higher dust deposition, an increase in dust load which is also supported
by earlier studies (Winckler et al. 2008). Within the Subantarctic Zone around New
Zealand, a lack of silicic acid is proposed to have limited diatom growth (Durand
et al. 2017). Marine sediment cores in an enlarged region of the Subantarctic, with
sites in the South Atlantic and South Pacific, on the contrary find increases in
the degree of NO3 consumption and marine productivity (Martinez-Garcia et al.
2014). Additionally, the portion of highly bioavailable Fe in this region seems to
have increased six-fold during the LGM, lending support to the iron fertilization
hypothesis (Shoenfelt et al. 2018).

Despite observed increases of dust-borne Fe in all these studies, estimates of
biological production differ substantially. In order to assess global-scale changes
and understand the underlying dynamics of these seemingly opposing responses, a

multitude of modelling studies have been undertaken.
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2.2.2.2 Model Studies of LGM Dust Deposition and CO, Drawdown

Climate models of different complexity levels have been used to quantitatively assess
glacial CO5 drawdown as a consequence of iron fertilization on a global level (see
Table 2.1). Early box model studies apportioned half of the glacial-interglacial CO4
change to increased SO productivity (Watson et al. 2000). More complex Ocean
General Circulation Models (OGCMs) including ocean biogeochemistry attribute
less importance to iron fertilization, ranging from 4 to 23 ppm (Muglia et al. 2017,
Nickelsen and Oschlies 2015). Earth System Models, whether of intermediate com-
plexity (Brovkin et al. 2007, Menviel et al. 2012) or run in an ocean-only configura-
tion, coupled to a simple atmospheric box model (Lambert et al. 2015, Heinemann
et al. 2019), are within the range opened up by box models and OGCMs of <10 ppm
to 37 ppm (Lambert et al. 2015, Brovkin et al. 2007, respectively).

While early studies often used LGM dust fields within a pre-industrial world (e.g.
Watson et al. 2000, Parekh et al. 2008) recent research increasingly simulates the
effect of observationally derived dust fluxes on glacial climate. Lambert et al. (2015)
employ a sophisticated biogeochemical ocean model forced by their newly interpol-
ated LGM dust field to estimate oceanic C export. The ocean model is coupled to a
one-box atmosphere to infer atmospheric CO5 sequestration on centennial timescales
which amounts to less than 10 ppm. To estimate the CO, drawdown on millennial
timescales, the simulated increases in export production are used to force a 50,000
year simulation of the Danish Center for Earth System Science ESM, yielding an
additional ~10 ppm reduction.

Going beyond this ocean-only perspective, Muglia et al.’s (2017) biogeochemical
model is coupled to a dynamical land vegetation model, but still only includes a
two-dimensional single-level atmosphere. Using the same dust fields as in Lambert
et al. (2015), they estimate the effect of aeolian dust fluxes on CO5 drawdown to
4 ppm. Increasing LGM Fe deposition 10-fold south of 35°S increases this value to
13 ppm.

Nickelsen and Oschlies (2015) and Heinemann et al. (2019) do not primarily aim
at modelling the effect of iron fertilization from observational LGM dust fields, but
focus on the effect of iron-light co-limitation and particle ballasting, respectively.
However, their sensitivity experiments allow to assess the magnitude of iron fer-
tilization in comparison to the newly parametrised processes. Coupling the ocean
model to a one-box atmosphere, high deposition LGM scenarios yield a reduction in
atmospheric CO4 by 23 and more than 10 ppm, respectively. Iron-light co-limitation

and particle ballasting play a smaller role on the orders of 4 to 5 ppm.
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Table 2.1: Modelling studies of the iron fertilization hypothesis during the LGM, including an implementation of the Fe cycle (y-yes/n-no), boundary
conditions/forcing (LGM, pre-industrial (PI) or modern), and employed atmospheric dust deposition to estimate the effect on LGM COy drawdown

ACO2 atm-

Authors Model Description Forcing Atmospheric Dust ACO2 atm

Lefevre et al. 1999 PANDORA 10-box model + Fe geochemistry modern! 2x ctl 10-30 ppm

Watson et al. 2000 Ocean-atmosphere C and biogeochemistry multibox model in the modern LGM (Vostok ice core) 40 ppm
SO

Archer et al. 2000 Global ocean circulation and C cycle model modern LGM (Mahowald 1999) 8 ppm

Bopp et al. 2003 PISCES global ocean biogeochemistry model embedded in offline LGM LGM (Mahowald 1999) 15 ppm?
OGCM

Parekh et al. 2006 MIT global ocean circulation and biogeochemistry model, modern LGM (Mahowald 1999) 8 ppm
coupled to atmospheric CO5 reservoir

Brovkin et al. 2007 CLIMBER-2 ESM of intermediate complexity LGM Implicit? 37 ppm

Parekh et al. 2008 Bern3D ESM of intermediate complexity + Fe cycle and PI 100x modern in the SO 10 ppm
biological productivity in the euphotic zone

Tagliabue et al. 2009 PISCES global ocean biogeochemistry model LGM LGM (Mahowald 2006) 11 ppm

Hain et al. 2010 CYCLOPS biogeochemical ocean-atmosphere box model + glacial Implicit? 35 ppm
dynamical lysocline, 2 SO boxes

Oka et al. 2011 Biogeochemical ocean model coupled to 1-box atmosphere, LGM LGM (Takemura 2009) + 22 ppm
forced by MIROC physical & dust fields 20x in the SO

Bouttes et al. 2011 CLIMBER-2 ESM of intermediate complexity LGM Implicit® 10-21 ppm

Menviel et al. 2012 Bern3D+C ESM of intermediate complexity, coupled to LGM LGM (Dome C ice) 10 ppm
atmospheric Energy Balance Model

Nickelsen et al. 2015 BLING coupled global ocean biogeochemistry model, coupled to PI LGM (Mahowald 2006) 23 ppm
atmospheric COs5 reservoir

Lambert et al. 2015 NEMO-PISCES global ocean biogeochemistry model, coupled to PI New interpolation of <10 ppm
atmospheric reservoir DIRTMAP database®

Muglia et al. 2017 MOBI ocean biogeochemistry model coupled with University of LGM LGM (Lambert 2015) 4 ppm”
Victoria OGCM, coupled to one-box atmosphere

Ganopolski et al. 2017 CLIMBER-2 ESM of intermediate complexity LGM LGM (Dome C ice) 22 ppm

Yamamoto et al. 2019 ~ MIROC-based offline biogeochemical model, coupled to one-box LGM LGMctl + glaciogenic 17 ppm
atmosphere dust (Mahowald 2006)8

Heinemann et al. 2019 MPIOM OGCM with embedded HAMOCC C cycle model, modern LGM (Mahowald 2006) >10 ppm

coupled to atmospheric CO5 box

I modern circulation, glacial chemistry

2 39 ppm with Fe saturated surface ocean

3 full POy utilization in the Subantarctic Atlantic and Indian Ocean
more efficient nutrient consumption

4

5 more efficient nutrient consumption in the Subantarctic Atlantic and Indian Ocean
6 [Kohfeld and Harrison, 2001; Maher et al., 2010]

713 ppm with 10x Fe in the SO and changes in sedimentary flux
8 with 3 % Fe solubility
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2.2. THE LAST GLACIAL MAXIMUM

Studies in the past decade either decouple the physical and biogeochemical mod-
els (Parekh et al. 2008, Oka et al. 2011), work with ESMs of intermediate complexity
(Menviel et al. 2012, Ganopolski and Brovkin 2017) or lack a full-scale atmospheric
model component (Lambert et al. 2015, Muglia et al. 2017) and thus depend on
external dust fields. In order to simulate the interaction of ocean biogeochemistry
with land and atmospheric processes, I employ a full-scale ESM with an embed-
ded ocean biogeochemical module and dynamic calculation of aeolian dust from
terrestrial dust mobilisation and atmospheric transport. As in previous studies,
an additional LGM simulation with altered dust-borne Fe fluxes is used to analyse
the model sensitivity to this crucial parameter and explore possible constraints on

estimates of atmospheric CO, drawdown.
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3 Methods

This chapter introduces the ESM employed in this thesis, the Community Earth
System Model (CESM) version 1.0, with a particular focus on the Ocean Biogeo-
chemistry Module BEC. The second Section describes the experimental design of the
above-mentioned LGM simulations and a simulation of the pre-industrial Holocene

which is included for reference.

3.1 Model Description

3.1.1 The Community Earth System Model

The CESM version 1.0 is a global climate model with coupled atmosphere, land,
ocean and sea ice components (Hurrell et al. 2013). CESM1 supersedes the Community
Climate System Model 4 (CCSM4) with new capabilities including land and ocean
biogeochemical cycles, atmospheric chemistry and a dynamic ice sheet model (Hur-
rell et al. 2013). The model is run in its coarse resolution with an atmospheric
horizontal grid of 3.75° x 3.75° and 26 vertical levels, and an oceanic horizontal grid
with a nominal resolution of 3° and 60 vertical layers (Shields et al. 2012). Ocean
layer thickness is 10m in the upper 160 m and increases with depth to 250 m at
around 3500m, after which it remains constant (Danabasoglu et al. 2012). The
low-resolution version is a computationally cost-efficient alternative that has proven
to reproduce the mean state and overall variability of pre-industrial climate as sim-
ulated in CESM runs at higher resolution (Shields et al. 2012) and has also been
widely used in palaeoclimatological studies (e.g. Pedro et al. 2018, Nielsen et al.
2019, Gu et al. 2020).

Atmospheric dynamics incorporated into the Atmospheric General Circulation
Model include sources, sinks and transport of mineral aerosols (Zender et al. 2003,
Hurrell et al. 2013). Dust mobilised by wind that does not fall victim to dry or
wet deposition is passed to the atmospheric aerosol model which implements several
transport processes: mixing within the atmospheric boundary layer, shallow and

deep convective transport, and advection by large-scale eddies (Zender et al. 2003).
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Atmospheric deposition of mineral aerosols to the ocean is based on the dust cli-
matology by Luo et al. (2003). Hence, glacial dust fields are not prescribed as in
the majority of earlier model studies of iron fertilization during the LGM (see Table
2.1) but simulated dynamically. However, this also has its drawbacks which will be
further elaborated upon in Section 3.2.3.

The ocean component is based on the Parallel Ocean Program (POP) (Smith
et al. 2010). It is a level-coordinate model, solving the primitive equations for
ocean dynamics under hydrostatic and Boussinesq approximations. For a detailed
description of ocean model physics in the current version see Danabasoglu et al.
(2012). Both land and ocean C models integrate biogeophysical and biogeochemical
processes such as nutrient cycling and photosynthesis (Hurrell et al. 2013). The

following Section describes the ocean biogeochemistry component in more detail.

3.1.2 The Ocean Biogeochemistry Module

The CESM runs with the BEC module developed by Moore et al. (2002, 2004), and
including changes to the N cycle (Moore and Doney 2007, Moore et al. 2013a) as
well as major modifications to improve the simulation of the Fe cycle (Moore and
Braucher 2008) and minor changes to parameter values (Moore et al. 2013a).

The marine ecosystem and ocean biogeochemistry module BEC follows the Nu-
trient Phytoplankton Zooplankton Detritus approach (Fasham et al. 1990), mod-
elling marine ecosystem processes based on the dynamics of key Plankton Func-
tional Types (PFTs). The PFTs included in BEC are diatoms, diazotrophs, smaller
phytoplankton and coccolithophores, with the latter being simulated implicitly as
a fraction of the smaller phytoplankton group, as well as one class of zooplankton.
All phytoplankton have explicit pools of C, Fe and chlorophyll, diatoms also have a
SiO3 pool. Detritus is accounted for in the form of DOM and sinking particulates.
Interaction between these pools comprise plankton growth and decay, calcification,
grazing, remineralization and sinking (Moore et al. 2004).

Limiting nutrients included in the model are NO3, NHy, POy, dissolved Fe and
Si03. The plankton growth model is based on fixed C/N/P ratios for each plank-
ton type and a fixed Fe/C ratio for zooplankton. Phytoplankton growth rates are
determined by the most limiting nutrient(s) and light, allowing for co-limitation,
and by SST. To account for the dynamical adjustment to changing growth condi-
tions (Sunda and Huntsman 1997), the model implements variable Fe/C ratios for
all phytoplankton types as well as a variable Si/C ratio for diatoms which increases

under Fe stress. Phytoplankton biomass is thus a function of C fixation minus losses
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Table 3.1: PFT growth factors and Redfield ratios in BEC (Moore et al. 2004).

PFT Growth Factors C/N/P Fe/C [ppmol/mol]  Si/C [mol/mol]

Diatoms C, N, P, Fe, Si, light, SST 117/16/1 2.5-63 0.0685-0.685*
Diazotrophs C, N2 P, Fe, light, SST 366/50/1 14-483 -

Small Phyto.! C, N, P, Fe, light, SST 117/16/1 2.5-63 -

Zooplankton Graze on Phytoplankton 117/16/1 2.5

! Tmplicit coccolithophores with variable CaCO3 production; lower under nutrient stress/low SST
2 Capable of Ny fixation: no strong N competition with diatoms & small phytoplankton
3 Decrease with Fe stress 4 Increase with Fe stress

through grazing, non-mortality loss e.g. respiration and aggregation (Moore et al.
2002b).

Calcification by coccolithophores is parametrised implicitly as a function of small
phytoplankton primary production rate. This base calcification rate is adjusted up-
ward under bloom of small phytoplankton, when their biomass exceeds the threshold
of 3.0pM C, and adjusted downward under nutrient-limitation or low temperature
(Moore et al. 2004).

One class of zooplankton grazes on all phytoplankton types. Zooplankton growth
rates and pathways between remineralization and detrital pools vary according to
food source. When grazing upon diatoms and small phytoplankton a higher fraction
of the consumed organic matter goes to new zooplankton biomass than for diazo-
trophs. The remainder is split between remineralization, DOM and sinking partic-
ulates (the latter only for diatoms and small phytoplankton) in varying fractions
for each group. Non-grazing mortality of phytoplankton and aggregation losses of
diatoms and small phytoplankton are split between semilabile DOM, sinking POM
and remineralization.

BEC comprises two detrital pools. DOM is divided into labile organic matter
that instantly remineralizes and semi-labile matter that has a remineralization life-
time of ~100 days. A refractory pool, characterised by a markedly longer lifetime
on the order of centennials to millennials and essential for DOM export to deep
waters (Moran et al. 2016) is neglected in the model. Sinking POM is divided into
a ‘free’ organic fraction that easily remineralizes and a mineral ballasted fraction
remineralizing deeper in the water column or sinking to the ocean floor unaffected
by degradation. The mineral ballast pool includes dust, biogenic silica, and CaCOs3
(Moore et al. 2004).

This 2002, 2004 model implementation relied on several simplifying assumptions

about the marine Fe cycle that have subsequently been revised to improve the rep-
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resentation of Fe sources and scavenging processes (Moore and Braucher 2008). In
its current set-up, external input of Fe comes from atmospheric deposition and sed-
imentary release (Moore and Braucher 2008, Moore et al. 2013a). Aeolian dust
contains 3.5 % Fe by weight with a constant 2 % solubility. To account for subsur-
face Fe dissolution, an additional 3 % of dust dissolves in the upper water column
below the surface. The remaining mineral aerosols remineralize at a length scale of
40000m. The originally crude representation of a constant sedimentary Fe source in
depths above 1100 m is now a function of the sinking POC flux, weighted by ocean
bathymetry (Moore and Braucher 2008). All dissolved Fe is assumed bioavailable
and phytoplankton half-saturation constants have been lowered slightly since Moore
et al. (2004) to simulate more efficient Fe uptake.

According to the improved scavenging parametrisation, the fractional allocation
of dissolved Fe between the sinking particulate pool and sedimentary loss is reversed,
increasing the fraction of Fe scavenged onto sinking particles to 90 %. Simultan-
eously, the fraction of these particles reaching the ocean floor is increased slightly.
The rate of scavenging is a function of the sinking particle flux, i.e. POC, biogenic
silica, CaCOg3 and mineral dust, and the ambient Fe concentration (Moore et al.
2004, Moore and Braucher 2008). At high Fe concentrations, the scavenging rate
declines rapidly to implicitly account for iron-binding ligands. Finally, the revision
now also incorporates desorption of dissolved Fe from scavenging particles, improv-
ing simulated Fe concentrations in the deep ocean (Moore and Braucher 2008).

Similarly, representation of the N cycle has been revised since BEC’s 2002 imple-
mentation. The model now includes atmospheric N deposition based on tropospheric
aerosols (Lamarque et al. 2010). Phytoplankton N uptake is partitioned between
NH, and NOg3, with a strong preference for NH4 under high ambient concentrations
and Fe stress (Moore et al. 2002b). Diazotrophs are capable of Ny fixation of which
30 % are exuded as dissolved organic N. In contrast to previous versions, the CESM
implementation also allows for diazotrophic uptake of both NH, and NO3 which re-
duces N fixation proportionately (Moore et al. 2013a). However, uptake parameters
are set relatively high in comparison to the other phytoplankton types in order to
avoid strong competition over these dissolved inorganic N pools.

Nitrification of NHy is light dependent, occurring at mixed layer depth average
Photosynthetically Available Radiation (PAR) values below 4.0 W/m? (Moore et al.
2002b). Water column denitrification is a function of ambient oxygen (O2) concen-
trations taking place when Oq values fall below 4 pM (Moore and Doney 2007). Due

to CESM overestimation of OMZs this led to excessive denitrification and substantial
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imbalances in the pre-industrial N cycle (Moore et al. 2013a). Thus, a constant scal-
ing factor of NO3/110 is applied in CESM BEC simulations to reduce unrealistically
high N loss (Lindsay et al. 2014).

3.2 Experimental Setup

Traditionally, model studies assessing the magnitude of the effect of iron fertiliza-
tion on LGM climate have relied on sensitivity analysis as a powerful tool to explore
the impact of uncertainties concerning atmospheric dust deposition, Fe solubility or
bioavailability (e.g. Parekh et al. 2008, Muglia et al. 2017, Yamamoto et al. 2019).
In this line, I investigate the iron hypothesis by comparing a standard LGM simu-
lation (LGMstd) with an increased Fe input case (LGMb5i). Most past studies have
focused on the model’s sensitivity regarding the extent of additional atmospheric
CO, concentration. I will concentrate not on the CO, effect of these changes, which
have already been discussed in Jochum et al. (submitted), but study the underlying
dynamics hoping to contribute to a more thorough understanding of the interactions
between glacial ocean physics and biogeochemistry.

The focus of this thesis will be on a comparison of both glacial simulations,
LGMstd and LGMbi. However, a pre-industrial CESM simulation (PRE) is included
for reference and for comparison of LGM model results to similar studies. A wide
body of literature treating the question of glacial iron fertilization from both a
modelling and an observational perspective often presents findings in reference to
the late Holocene. In order to discuss CESM simulations against this background,
LGMstd and LGMb5i will be compared to PRE in Chapter 5.

3.2.1 The Pre-Industrial Control Simulation

Modifications to the standard CESM set-up as described in (Hurrell et al. 2013,
Lindsay et al. 2014) concerning parametrisation of tidal mixing and overflow regions
were necessary to account for a lack of information of their glacial representation:
In CESM, overflow regions are hardcoded to present-day bathymetry (Briegleb et
al. 2010) and are thus turned off for the pre-industrial and both LGM simulations.
Similarly, the parametrisation of abyssal tide driven mixing from Jayne (2009) is
topography dependent and tuned to best fit observed tides (Smith et al. 2010). It
is replaced by an empirical diffusivity profile (Bryan and Lewis 1979).

The pre-industrial 1850 simulation PRE is based on initial conditions and for-
cing of its predecessor, CCSM4, as described in Gent et al. (2011) except for the
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newly introduced ocean biogeochemical and the land state (Lindsay et al. 2014).
The initial state of the marine biogeochemical tracers is derived from an offline,
ocean-only CCSM4 simulation with these tracers added to the model, forced by a
5-year repeated high-frequency surface forcing data obtained from a coupled CCSM4
simulation (Lindsay et al. 2014). Ending conditions of this 1025 year CCSM4 run
are used to initialise the coupled pre-industrial CESM simulation. Initial conditions
of the land component are based on year 863 of CCSM4 (Lindsay et al. 2014).

The pre-industrial simulation is run for 4000 years, as is LGMstd. Comparison
to LGM simulations focusses on the end of the run, i.e. year 3680 before LGMb5i

develops Dansgaard-Oeschger events.

3.2.2 The Standard LGM Simulation

CESM is run in its standard biogeochemistry enabled pre-industrial version (Lindsay
et al. 2014), with several palaeoclimate modifications besides the above-mentioned
changes to the representation of tidal mixing and removal of the overflow paramet-
risation.

The model calculates Earth’s orbital parameters based on Berger et al. (1993)
for 21,000 years BP. Ocean bottom topography is replaced by reconstructions of
ocean palaeobathymetry from Peltier et al. (2015). As a consequence of a 120 m sea
level drop the ocean volume is reduced by 5.7 %. Concentrations of passive tracers
are increased accordingly to maintain the same total inventory. In line with phase 3
of the Palaeoclimate Modelling Intercomparison Project and similar studies (Muglia
et al. 2017) a global addition of 1 PSU to salinity is applied.

Lowering the sea level requires ocean cells to be reclassified as land cells. These
new cells are assigned the plant functional type of their nearest neighbour. Oth-
erwise, land cover types remain unchanged from the model’s pre-industrial config-
uration. Continental palaeotopography and land ice cover are also based on the
reconstruction by Peltier et al. (2015). The CESM sea ice module does not re-
quire any changes as forcing fields are the ocean grid and bathymetry and ice cover

develops from a ‘no ice’ initial state. The model is run for 4000 years.

3.2.3 LGM Sensitivity Analysis: Imposing Increased Iron

CESM parametrisation of dust and Fe fluxes to the ocean comes with several un-

certainties:

i. In LGMstd the initial pre-industrial land cover is not changed while the dy-
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namic vegetation model is disabled (Hurrell et al. 2013), i.e. the assigned
cover type in each grid cell may change C content but not cover type. This
might underestimate dust production from e.g. Eurasian expansion of treeless
biomes during the LGM (Binney et al. 2017).

ii. The parametrisation of terrestrial dust emission is empirically fitted to the
current dust cycle and thus error-prone when used for past or future climates,

likely underestimating larger glacial dust deposition fluxes (Kok et al. 2014).

iii. In BEC, Fe solubility in ocean water is set to a constant value of 2 %. However,
the proportion of the mineral aerosol entering the oceanic pool of dissolved Fe
depends on aerosol source and mineralogy (Schroth et al. 2009) as well as
various atmospheric and marine processes (Baker and Croot 2010) and can
thus be spatially and temporally highly variable. Recent analysis of Antarctic
ice cores suggests that Fe solubility was very flexible during the LGM with 2 %
being on the lower limit of estimates, reaching values of up to 42 % (Conway
et al. 2015).

iv. Related to Fe solubility is the question of the fraction of Fe available for bio-
logical uptake. As the model assumes all dissolved Fe to be bioavailable, this
parameter is set via the assumed Fe solubility. Evidence from the Antarctic
Talos Dome ice core (Spolaor et al. 2013) and subantarctic South Atlantic and
South Pacific marine sediments (Shoenfelt et al. 2018) suggest that the flux of
highly bioavailable Fe(II) increased by a factor of 7 to 20 during glacial times

while the total Fe flux increased only two- to fivefold.

In order to confront these uncertainties, dust fluxes are increased fivefold globally
after a 3000 year spin-up period in LGMbi. Given the complex nature of dust
mobilisation, transport, deposition and resulting marine Fe input, this might seem a
rather blunt approach but has to be seen in light of common methods and limitations
of sensitivity analysis as well as previous research.

The above-mentioned model assumptions amount to a systematic underestima-
tion of Fe deposition fluxes. Following the common approach of sensitivity analysis
in climate science, varying one input factor at a time (Pianosi et al. 2016), the choice
of model parameter to be perturbed should encompass all these uncertainties and
distil a single value change. Increasing global aeolian dust fluxes by a factor of 5
bundles glacial changes to the dust/Fe cycle outside the ocean and is both in line

with palaeoclimatological reconstructions and model studies of iron fertilization.
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Previous studies assessing the effect of changes in aeolian Fe fluxes on phyto-
plankton growth have increased dust deposition in the SO by a factor of 10 to 100
(Parekh et al. 2008, Oka et al. 2011, Muglia et al. 2017). The focus of these stud-
ies has been on the SO as one of the main HNLC regions and inspired by ice core
records noting a more than 20 times higher SO dust concentration during the LGM
than today (Petit et al. 1981, Lambert et al. 2008). However, it is not only the
SO that has experienced increased dust deposition during the last glacial. On a
global average, Lambert et al. (2015) found the LGM dust flux to have been about 4
times higher. Increasing dust deposition fivefold globally thus corresponds to recent
estimates and furthermore enlarges the picture from a SO centred perspective to an
assessment of global dynamics in response to plankton fertilization.

After the increase in dust fluxes, the model simulation is continued for 2000 years
as it starts developing Dansgaard-Oeschger events after having crossed a critical COq
threshold (Jochum et al. submitted). As analysis of these events is not part of the

thesis, model results are only considered until simulation year 3690.
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4 Results

The CESM LGM simulation reproduces the physical LGM state realistically (Jo-
chum et al. submitted). The model develops a glacial maximum state characterised
by increased snow and sea ice cover in the high latitudes. Ocean mean temperature
is around 3 °C below pre-industrial, global surface temperatures decrease markedly.
The atmospheric CO4 concentration is ~55ppm lower in LGMstd. The relative
increase of AABW volume in comparison to NADW is consistent with reconstruc-
tions (Adkins 2013, Oppo et al. 2018). However, an increased ventilation rate and
higher Oy content of the glacial ocean is not supported by observational evidence
(Menviel et al. 2017, Anderson et al. 2019). For a detailed description of LGMstd
characteristics, the distribution of Dissolved Inorganic Carbon (DIC) in the glacial
ocean and a thorough discussion of the seemingly contradictory deep sea ventilation
and Oy content see Jochum et al. (submitted).

The following analysis focuses on a comparison between the standard LGM sim-
ulation (LGMstd) and the LGM simulation with five times aeolian dust (LGM5i).
The difference or ‘anomaly’ between these two, i.e. LGMbi minus LGMstd, is de-
noted with a ‘d’” in front of the variable considered. The time frame comprises the
simulation years 2990 to 3690. Simulations continued beyond this time horizon will
not be analysed here as LGMbi develops Dansgaard-Oeschger events. All variables
represent 10 year averages. For qualitative visualisation in the global maps and
depth transects, variables have been regridded onto an equirectangular plate carrée
projection using nearest neighbour remapping. Quantitative evaluation (such as in
Figures 4.1 & 4.5 right panel) is based on the original POP grid.

I will use the terms ‘marine productivity’ or ‘biological production’ and ‘export
production’ synonymously although marine productivity more universally refers to
the production of organic matter by phytoplankton (Sigman and Hain 2012) and
export production refers to the export of organic matter, or in this thesis POC,
out of the surface ocean. However, export production is a valuable measure for
the effectiveness of marine productivity in sequestering atmospheric CO, and thus

the effect of iron fertilization on glacial COy drawdown. In line with similar model
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studies, export production out of the surface ocean is defined as the POC flux at
100 m depth and abbreviated as EP.

Increasing dust fluxes fivefold yields an additional ~15 ppm reduction in atmo-
spheric COs at the end of the considered time period that can be attributed to effects
of iron fertilization (Jochum et al. submitted). However, the evolution of marine
export production leading to the observed increased C sequestration is neither tem-
porally nor spatially uniform. The following Sections explore the regionally diverse
responses to increases in dust-borne Fe.

As a first step, the temporal relationship between atmospheric Fe deposition and
export production will be examined (Section 4.1). In light of the close interplay
of Fe availability, macro-nutrients and marine productivity, the following Sections
will consider patterns of nutrient distributions in the subsurface ocean and zonally
averaged depth transects in relation to export production and marine biogeochemical
processes (Sections 4.2 & 4.3). Further disentangling basin specific responses will
be the focus of Section 4.4 before concluding with the consequences of increased
Fe fluxes on limiting nutrients and phytoplankton community composition (Section

4.5).

4.1 Global Export Production and Iron Limitation

Quintupling the dust flux globally leads to an immediate strong increase in global
export production, tending towards a new equilibrium over the course of the simula-
tion (see Figure 4.1). After the initial rapid adjustment, the curve of LGMS5i export
production flattens towards the end of the considered simulation period but the de-
clining trend does not abate fully. Beyond the 3700s, LGMbi develops Dansgaard-
Oeschger events after crossing a critical COy threshold (Jochum et al. submitted).
These developments will not be discussed here as the thesis focuses on the analysis
of the LGM climate in LGMbi. 690 years after the perturbation by increasing dust
fluxes fivefold, LGMbi is regarded as sufficiently stable to examine the long-term
effects of enhanced iron fertilization. After 700 simulation years the total marine Fe
concentration is 50 % higher than in LGMstd and global export production at 100 m
depth has risen to 6.5 PgC/yr compared to 6.2 PgC/yr in LGMstd.

In both LGMstd and LGMS5i the major features of C export at the end of the
considered simulation period are similar (see Figure 4.2). Export production is
highest in the eastern equatorial Pacific and off the east coast of South Patagonia.

Further regions of enhanced POC flux include the northern North Pacific, the east
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Figure 4.1: Timeseries of 10-year-mean global export production (EP) in LGMb5i and
LGMstd.

coast off modern New Zealand, the Arabian Sea and the western African coastline. In
the two prominent regions of deep water formation, the SO and the North Atlantic,
however, the pattern of C export is reversed. In LGMstd, the North Atlantic exhibits
higher export production than most of the SO, while in LGM5i C export is enhanced

in large areas of the SO opposed to a comparatively smaller POC flux in the North
Atlantic.
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Figure 4.2: Global map of 10-year-mean EP in LGMstd (left) and LGMS5i (right) in the
3680s.

The majority of the POC response to increased Fe occurs within the first decade
after increasing dust fluxes fivefold (see Figure 4.3). Export production is consid-
erably enhanced in the HNLC SO, northern Pacific and eastern Pacific Ocean and
maintained or slightly intensified in the following 700 simulation years. The POC
flux in the western Pacific, Indian Ocean and South Atlantic responds more mildly,
exhibiting declining export production by the 3680s. The immediate changes, es-

pecially in regions of decreasing export production, do not fully account for the
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Figure 4.3: Global map of 10-year-mean export production anomaly (dEP) in the 3010s
and 3680s.

magnitude of the response but often set the sign of the change. In the northern
Atlantic, however, one can observe a pronounced sign change. A strong increase in
export production dominates the picture of the 3010s while in the 3680s areas of
substantial decline prevail.

The CESM allows to assess the limiting factor(s) of phytoplankton growth, vary-
ing between 0 for mean high limitation and 1 for mean low limitation. Figure 4.4
shows the Fe limitation of diatoms before and 10 years after the increase in aeolian
dust fluxes. Fe limitation is reduced markedly in the SO and in the Pacific as well
as in parts of the subpolar North Atlantic. The observed, immediate increases in
export production in these regions thus seem to be a direct reaction to reduced Fe

limitation.

Diatom FeLim
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Figure 4.4: Global map of 10-year-mean diatom Fe limitation (FeLim) immediately before
(LGMstd 2990s, left) and 10 years after increase in dust flux (LGMb5i 3010s, right).

To explore the temporal evolution of export production further, Figure 4.5 de-
picts the global pattern and zonal integral of dEP(3680s) — dEP(3010s). When
positive, it indicates that either the initial increase in export production intensified
or that the initial decrease is reduced or even reversed over time. When negative,

either the initial decrease overestimates long-term decline or the initial increase is
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reduced or even reversed. The difference between dEP in the 3680s and dEP in the
3010s should thus be put into the context of changes in POC flux within this period
as illustrated in Figure 4.3.
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dEP(3680s)-dEP(3010s) [gC/m?/yr]

Figure 4.5: Difference 10-year-mean dEP(3680s)-dEP(3010s) globally (left) and zonally
integrated (right) (same colourbar scaling as in Figure 4.3).

The mid-latitudes of all three ocean basins, except the eastern equatorial Pacific,
undergo smaller changes from the 3010s to the 3680s. The zonal signal is dominated
by regions in the Atlantic and Indian Ocean where long-term POC decrease further
deepens, i.e. where the long-term effect of increased dust deposition is a decline in
export production.

The SO draws a heterogeneous picture, both on the North-South and the East-
West axis. Early enhanced phytoplankton growth in direct proximity of the Ant-
arctic coast peaks off over time, reflected in a small negative zonal integral. In the
subpolar South Atlantic and Indian Ocean, regions of increasing export production
seem to be predominant while the subpolar Pacific is dominated by initial increases
levelling out slightly. As a consequence, the sign of the zonally integrated export
production in the SO oscillates on a relatively low level. Compared to the major
increases in POC flux 10 years after enhanced dust deposition, these fluctuations are
only minor. This supports the analysis that short-term effects, i.e. an immediate
response to relieved Fe limitation, predominate in the SO.

In the northern high latitudes, especially in the Atlantic Ocean, one finds a
distinct negative difference between late versus early changes in export production.
The short-term response to relieved Fe limitation in this region is mostly an increase

in export production, or at most a very moderate decrease. However, long-term
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effects result in a substantial decline in the POC export flux, reducing or rather
reverting the initial increase.

The iron hypothesis predicts enhanced phytoplankton growth in regions where
the prevailing limitation by Fe is alleviated due to increased LGM dust fluxes, but
where — at least in the modern ocean — the macro-nutrients N and P are abund-
ant, i.e. the HNLC SO and parts of the Pacific Ocean. Here, export production
increases immediately as a direct response to reduced Fe limitation and stabilises
over the course of the simulation. In the mid-latitude Atlantic and Indian Ocean,
the impact of increased aeolian dust is negligibly small because Fe is not a limiting
factor. Long-term effects lead to a slight reduction in export production in these
areas after 700 simulation years. Most prominently, short-term positive or neutral
responses to increased dust fluxes in the northern North Atlantic are reversed over
time, leading to a pronounced decline in export production. Based on this analysis
of the temporal relationship between increased dust fluxes and export production,
the following Sections will further explore the long-term effects counteracting imme-

diately enhanced marine productivity due to relieved Fe limitation.

4.2 Global Subsurface Macro-Nutrient Patterns

Strong fertilization and thus increased nutrient utilization in HNLC regions does not
only influence regional nutrient cycling but also affects the global nutrient inventory
on timescales of centennials to millennials.

In the first 10 years after imposing increased dust fluxes, subsurface PO, con-
centrations are high in HNLC regions but also in large parts of the North Indian
Ocean and the North Atlantic (see Figure 4.6, B left). NOj exhibits a very similar
pattern with increased concentrations in the North, western and equatorial Pacific,
the SO and the North Atlantic (see Figure 4.6, C left). Changes in NOj3 are one
order of magnitude higher than changes in POy.

In the course of 100 to 200 simulation years, this trend of similar behaviour of PO,
and NOj continues only in certain regions: High PO4 and NOj3 concentrations in the
entire SO further intensify as do the negative anomalies in the South Indian Ocean
and the Pacific Ocean south of ~30°S as well as off the east coast of Patagonia. The
initial decrease in nutrient concentrations is reversed over time in the central North
Atlantic and in a band in the western Pacific Ocean between 10 to 20°S. North
Atlantic recovery of nutrient stocks is accompanied by decreasing export production
(see Figure 4.6, A right).
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Figure 4.6: Global map of dEP (A) and mean thermocline concentration anomalies of POy (B) and NO3 (C) averaged over depths from
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In other key regions, the distributions of both macro-nutrients evolve differently
over time. North Indian Ocean and African west coast enhanced NO3 concentrations
deepen while positive PO, anomalies in these areas are reversed. Most prominently,
nutrient patterns in the Pacific basin differ in the northern and eastern equatorial
ocean. After 100 years, increased PO, concentrations are further enhanced and
negative anomalies reversed. The strong increase in North Pacific NO3 recedes to
a small area in the north-east and positive anomalies in most parts of the Pacific
Ocean are replaced by a long-term NOj decline.

As far as the temporal relationship between increases in dust fluxes and re-
sponses of nutrient concentrations is concerned, the overall pattern of PO4 and NOs
does not change substantially between the 3100s and 3200s. Most of the key features
developed in the first 100 years prevail until the 3680s (Appendix, Figure A.2). Sub-
surface PO, concentrations increase substantially in the HNLC regions of enhanced
export production, but increasingly decline in the Indian and Atlantic Ocean, in-
cluding receding positive anomalies in the North Atlantic. NOjs increases in the SO,
the North Indian Ocean and off the African west coast. Initial rises in the North
Pacific and North Atlantic are reduced or even reversed. Negative anomalies in the
west Pacific Ocean deepen over time.

Different responses of thermocline PO, and NOj in the Pacific HNLC regions
might be due to the more complex biogeochemical cycle of N compared to P. Sources
and sinks include Ny fixation and (de-)nitrification, and phytoplankton are capable
of the uptake of two different dissolved inorganic N forms (Moore and Doney 2007,
Moore et al. 2013a).

As an external source of N to the ocean, the model implements N, fixation by
diazotrophs. This phytoplankton type has high Fe requirements, with reduced Ns
fixation under Fe stress (Moore et al. 2002b). Changes in Ny fixation cannot explain
reduced NOj3 concentrations in the eastern equatorial Pacific as diazotrophs remain
Fe limited and do not fix any Ny in both LGM simulations (Appendix, Figure A.1).

N, fixation is balanced by losses due to denitrification in oxygen-poor regions
(Moore and Doney 2007). A stronger reduction in upper ocean NO3 compared to
PO, could hint at a disbalance of N sources and sinks, i.e. higher denitrification than
fixation. Losses through denitrification occur below Oy concentrations of 4 mmol/m”
(Moore and Doney 2007). This is the case only in a negligibly small area in the
glacial equatorial Pacific with overall unchanged or even marginally higher O levels
in LGMb5i than LGMstd and thus unchanged denitrification (Appendix, Figure A.4).

N, fixation and denitrification also remain unchanged in the North Pacific.
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Nitrification, i.e. the conversion of NHy to NO3, depends on average mixed-layer
PAR and is zero outside the polar regions where values exceed 4.0 W/m? (Moore
et al. 2002b). In the North Pacific, the extension of the minimum PAR zone in
LGMb5i compared to LGMstd is negligible (Appendix, Figure A.14). Hence, in both
the North and equatorial Pacific, nitrification does not decrease to an extent that
would explain NOj deficiencies. However, the process of nitrification provides a link
between NOj3, NH4 and remineralization.

In BEC, remineralization is not directly included in the model equation for NOj,
only indirectly via the dependence of nitrification on NH,; which undergoes remin-
eralization. If nitrification is unchanged between LGMstd and LGMb5i, increasing
NOj uptake by phytoplankton in LGM5i diminishes the NOj3 inventory without dir-
ect replenishing via remineralization. Model equations on changes to POy, on the
contrary, directly include sources through remineralization. High PO, concentra-
tions in the subsurface North and east Pacific could thus be interpreted as a signal
of high remineralization resulting from enhanced export production.

Another plausible explanation for different responses of thermocline NO3 and
PO, under increasing Fe fluxes could be a shift in the composition of phytoplankton
populations. Diazotrophs have lower P requirements than the other PFTs with
molar N/P ratios of 50/1 compared to 16/1. If phytoplankton population shifted
towards more diazotrophs, less PO, would be consumed. In regions with generally
high NO3 and NHy but low Fe concentrations, such as the equatorial Pacific, N
uptake from N fixation and diazotroph biomass is low (Moore et al. 2013a). As
a consequence of reduced Fe limitation in LGMbi, photosynthetic C fixation from
NOj shifts from diatoms and smaller phytoplankton to diazotrophs in the eastern
Pacific (Appendix, Figure A.5). Still diazotroph C fixation remains two orders of
magnitude smaller than fixation by the other phytoplankton classes.

If abundant, diazotrophs rely on dissolved NH; and NOj reducing N fixation
proportionately (Moore et al. 2013a). In the eastern Atlantic, before increasing dust
fluxes fivefold and stimulating large and small phytoplankton NO3 uptake, NOj is
sufficiently available for diazotrophs to rely on (see Figure 4.7). With increasing
NOj3 consumption by the other phytoplankton, diazotroph nitrate-based C fixation
decreases distinctly as these Ny fixing micro-organisms do not compete with large
and small phytoplankton. Simultaneously, diazotrophs temporarily increase N fixa-
tion to fulfil their N requirements, benefiting from reduced Fe limitation (Appendix,
Figure A.6).

Diverging patterns in other regions, i.e. increases in NOjs in the Arabian Sea
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Figure 4.7: Global map of 10-year-mean diazotrophic C fixation from NOgs (Cfixnos),
averaged over upper 150 m depth. Difference between LGMS5i 3000s and 3100s to LGMstd
2990s.

and off the African west coast, are highly correlated with areas of elevated surface
Fe. Relieved Fe stress enhances diazotrophic Ny fixation while phytoplankton NOj
uptake remains unchanged or declines. Additionally, surface Fe concentrations in-
dicate a strong aerosol source in the North Indian and equatorial Atlantic Ocean
which could hint at higher atmospheric N deposition in these regions.

The global distribution of thermocline SiOj3 differs markedly from those of POy
and NOj (Appendix, Figure A.3). This is due to different uptake and remineral-
ization processes of SiOs3: In contrast to PO4 and NO3 which are consumed by all
phytoplankton, SiOj3 is only taken up by diatoms, required to build their shells of
biogenic silica. Mineral ballast associated biogenic silica remineralizes deeper in the
water column than the soft POM fraction of the sinking matter flux (Moore et al.
2013a). As a consequence of different uptake and remineralization processes, changes
to SiO3 only reflect diatom dynamics and upper ocean SiO3 depletion reaches deeper
in regions of enhanced diatom productivity. When averaged over depths of 1000 to
2000 m, the pattern of SiO3 corresponds more closely to subsurface PO, and NOs.

Due to the substantial differences in thermocline SiO3 concentrations and the
underlying dynamics, the following analysis will focus on PO, and NOj3. Depth
transects of SiO3 are included for reference in the Appendix (Figures A.11 & A.13).
With the exception of the phosphate-rich eastern equatorial Pacific and the nitrate-
rich Arabian Sea and eastern South Atlantic Ocean, PO, and NO; exhibit a clear
signal of increasing thermocline nutrient concentrations in the highly productive SO
and declines north of 30 °S.

37



CHAPTER 4. RESULTS

4.3 Zonal Depth Transects of Macro-Nutrients

This trend of uniformly increasing macro-nutrient concentrations in the SO and
mostly decreasing molarity north of it is also visible in zonal mean PO, and NOj
(see Figures 4.8 & A.10). As nutrient patterns and their temporal evolution are very
similar for both PO, and NOg, I will describe depth transects of PO, as shown in
Figure 4.8 with analogous behaviour of NOj3 except for initially higher concentrations
in the sub-thermocline and Arctic Ocean (Appendix, Figure A.10).

The observed pattern of nutrient trapping in the Southern and Deep Ocean de-
velops if the phytoplankton production driven downward flux of nutrients occurs
north of areas where the Antarctic and Subantarctic bottom waters form, i.e. north
of the Polar and Subantarctic Front. Nutrients that are stripped out of Antarctic
surface waters accumulate in the SO and do not feed into intermediate water form-
ation. As a consequence, the otherwise nutrient-rich thermocline waters providing
PO, and NOj to all three ocean basins remain nutrient-poor and the large-scale
transport of nutrients declines.

The effect is especially strong in the polar North Atlantic because surface and
deep ocean waters are generally nutrient depleted. Iron fertilized phytoplankton
increase the consumption of nutrients while they are still abundant, adding to the
nutrient deficiencies. The particular ocean bathymetry of the Greenland-Scotland
ridge hampers the exchange of water masses and thus the transfer of nutrient-richer
southern waters to the Arctic Ocean. Additionally, the northern boundary of the
residual MOC is at around 60 °N (Jochum et al. submitted), further impeding water
mass exchange.

Nutrient deficiency in the upper mid-latitude oceans progressively percolates
into greater depths, reaching 1000 to 3500 m 200 to 300 years after increased dust
deposition (see Figures 4.8 C & A.9). The decrease between 20 °N and 70 °N coincides
with the formation and subduction regions of NADW. Its circulation transfers
the nutrient-poor surface waters to greater depths while accumulating regenerated
nutrients during subduction and southward flow. This gradual enrichment would,
in a less nutrient depleted LGMstd North Atlantic, prevent such a strong reduction
(Appendix, Figure A.9).

A northward flow of nutrient depleted surface waters compensates deep water
formation and subduction in the North Atlantic. As nutrient accumulation in the
Southern and Deep Ocean continues, export of PO, and NOj to the subtropical
gyres is reduced, thus stabilising nutrient deficiencies in the upper ocean between

50°S and 40 °N. Even the otherwise nutrient-rich upwelling waters at the Equator
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get continuously depleted in PO, and NOs.

This pattern of elevated nutrient concentrations in the Southern and Deep Ocean
and declines in the upper ocean north of the SO and in the subpolar North Atlantic
is maintained and intensified over the complete simulation period (Appendix, Figure
A.9). While SO nutrient concentrations tend to a new, higher equilibrium towards
the end of the considered simulation period, deep ocean PO, continues to rise linearly
indicating that the process of deep ocean nutrient enrichment is not completed 680
years after the initial Fe increase (see Figure 4.8 D).

Nutrients accumulate in the high Antarctic latitudes and in depths below 1000
to 3500 m while declining in the subsurface and northern deeper ocean. Enhanced
biological activity in the SO and parts of the Pacific Ocean progressively exports both
C and nutrients into the Deep Ocean. Macro-nutrient concentrations below 1000 m
increase in these regions of high export production due to direct remineralization or
remineralization within the sinking matter flux. In the upper ocean north of 40°S,

nutrient depletion reaches depths of up to 3km (see Figure 4.8 C).

4.4 Nutrient Distributions per Ocean Basin

Unravelling the basin specific changes in PO, concentration between the 3300s and
3000s in the upper ocean confirms decreasing PO, in all ocean basins except the
Antarctic (see Figure 4.9). In the subantarctic subsurface ocean (see Figure 4.9
A), changes are minor compared to all other regions where nutrient decreases range
from —10 to —40 %. As observed in depth transects of zonal mean POy, the North
Atlantic is most affected by nutrient trapping in the SO. In the Indian and Pacific
Ocean, both North and South basins are equally impacted, but the Pacific does not
experience as strong a decline as the Indian Ocean. The large declines in nutrient
concentrations of the upper Atlantic and Indian Ocean lead to the observed decreases
in export production in these regions (see Figures 4.3 & 4.6).

Below 2000m (see Figure 4.9 B), all ocean basins enrich to a small degree in
POy, except for the subpolar North Atlantic. Here, decreases in PO, concentration
are almost as severe as in the upper ocean, amounting to —20%. This negative
trend does not show in depths below 4500 m because the subpolar North Atlantic
does not have areas below this depth in the model. The relative PO, increase is
strongest in the North Indian Ocean, even 3 percentage points higher than in the
Antarctic. The absolute rise, however, is by an order of magnitude smaller than in
the polar SO.
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Figure 4.9: Percentage changes in POy concentration (APOy) in LGMS5i in the upper
150m (A), below 2000m (B) and below 4500 m depth (C). Relative change between 10-
year-mean over the 3300s and 3000s per ocean basin. ‘North Atlantic SP’ refers to the
subpolar North Atlantic north of 45°N. The Antarctic Ocean comprises the area south of
60°S, the Subantarctic the area from 38 to 60 °S.

In the deepest ocean (see Figure 4.9 C), the POy inventory is replenished in all
basins 300 years after the fivefold increase in aeolian dust fluxes. The North Atlantic
south of 45 °N exhibits the strongest increase of over 20 %. The relative decrease of
NADW volume compared to AABW lets nutrients build up in the deep Atlantic,
reflecting the increasing influence of AABW sourced Atlantic deep water.

To further disentangle basin specific responses to increased nutrient utilization
in the SO, POy concentrations have been averaged over a zonal band in the Atlantic
and Pacific as well as over a meridional band in the SO, as if on board a cruise ship
from the North Atlantic to the North Pacific (see Figure 4.10). Nutrient enrichment
can be observed in the Subarctic and Deep Ocean of both basins (see Figure 4.10 B,
C). However, ocean-wide zonally mean PO, concentrations as in Figure 4.8 obscure
the spatially and temporally diverse responses of each ocean basin. The Atlantic
Ocean is generally nutrient poor. Only the Southern Hemisphere and low-latitude
subsurface ocean displays higher PO4 concentrations, typical of SO sourced nutrient-
rich waters in the subtropical gyres. Phosphate values in the deep central Atlantic
are also slightly higher than at mid-depth and in the northern ocean, indicating a
source of nutrient-rich AABW to the deep Atlantic (see Figure 4.10 A).

In the course of 200 to 400 simulation years after the initial increase in dust
fluxes, nutrient concentrations in the SO increase at all depths while the high sub-
tropical PO, values diminish markedly (see Figure 4.10 B, C). The Atlantic gyres
are mainly fed by SAMW which forfeits nutrients due to nutrient trapping in the
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Figure 4.10: PO, concentration in depth transects of the Atlantic (mean over 32-14 °W),
Southern (mean over 64-56°S) and Pacific Ocean (mean over 168-133°W). LGMS5i 10-
year-mean over the 3000s (A), difference 3200s-3000s (B), and 3680s-3000s (C).

polar Antarctic. Simultaneously, the deep Atlantic gets enriched considerably in
PO,. AABW, sourced in SO regions of increased biological productivity, accumu-
lates nutrients and exports them to the deep ocean. PO, concentrations in the
nutrient-poor North Atlantic decline further over time as initial increases in export
production due to iron fertilization strip nutrients out of the surface and subsurface
ocean.

The Pacific Ocean is generally nutrient-rich, especially in proximity to the equator
and north of 40 °S (see Figure 4.10 A). Equatorial deep-water upwelling provides PO,
and NOj3 to the surface waters where relieved Fe limitation enhances phytoplank-
ton growth and reduces surface nutrient concentrations. In the northern Pacific,
nutrient-rich NPIW and increased Fe input similarly lead to higher productivity
and thus reduced surface nutrients. Nutrient depletion of the surface ocean reaches

deeper at around 35 °S and 25 °N, in the calm cores of the subtropical gyres, following
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the w-shape of the thermocline.

This PO, distribution in the Pacific Ocean is maintained and intensified over the
course of the simulation (see Figure 4.10 B, C). In contrast to the Atlantic, where
the pattern of nutrient-rich upper and nutrient-poor deeper waters is reversed as a
consequence of enhanced SO export production, the Pacific Ocean seems mostly un-
affected by SO productivity dynamics. In the tropics, the uniformly high subsurface
nutrient concentrations are broken down into smaller cells of PO, enriched waters
at the equator and around 10/15°N/S. As the depth transect is averaged over lon-
gitudes 168 to 133 °W, these cells represent the westward outcrops of nutrient-rich
coastal upwelling.

The observed nutrient pattern under SO nutrient trapping in the Atlantic and
Pacific Ocean reflects the different supply mechanisms of nutrients in each basin.
While the Atlantic subsurface ocean is mainly sourced by nutrient-deprived Antarc-
tic thermocline waters and the North Atlantic is dominated by nutrient-poor NADW,
the Pacific Ocean is characterised by upwelling of nutrient-rich bottom waters which
are solely sourced by nutrient-rich AABW (Talley 2013).

As for zonal mean nutrient concentrations, very similar observations apply to
the depth transects of NO3 from the North Atlantic to the North Pacific (Appendix
Figure A.12). Discrepancies in the thermocline of the equatorial Pacific and coastal

east Atlantic have been discussed above.

4.5 Limiting Nutrient and Population Shifts under En-

hanced Iron Fluxes

A final look at the limiting nutrients for diatom growth in LGMS5i in the 3200s
confirms that, in comparison to LGMstd, Fe stress is mostly replaced by N limitation
in the North and Equatorial Pacific as well as in the North Atlantic and Antarctic
Ocean (see Figure 4.11). Even a fivefold increase in dust fluxes does not relieve Fe
limitation in the SO and eastern equatorial Pacific to an extent that would supersede
the mineral as the most limiting nutrient to phytoplankton growth because absolute
concentrations of dissolved Fe remain low.

Very similar observations apply to diazotrophs and small phytoplankton which
experience relieved Fe limitation in all regions but the SO and eastern equatorial
Pacific (Appendix, Figures A.7 & A.8). Due to their Ny fixation capabilities diazo-
trophs cannot be nitrogen-limited (Moore et al. 2002b) and former Fe limitation is

replaced by P constraints. Small phytoplankton N limitation expands in the North
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Figure 4.11: Most limiting nutrient to diatom growth in LGMstd (left) and LGM5i (right).
10-year-mean over the 3200s.

Atlantic and Pacific Ocean. Both diatoms and small phytoplankton do not experi-
ence stronger P than N limits. Regions that were initially most limited by N remain
nitrogen-limited as both PO, and NOj further decline. In areas where Fe ceases to
be the most limiting nutrient as a consequence of increased dust fluxes, namely the
North and eastern equatorial Pacific Ocean, PO, concentrations increase over time,
making N the primary limiting factor there.

Changing nutrient patterns also influence biomass composition across all three
phytoplankton types (Appendix, Figure A.15). As a response to iron fertilization
in the SO, diatom biomass increases considerably in the Southern Atlantic, Indian
and the west Pacific Ocean. Small phytoplankton react inversely, with biomass re-
ductions in regions where diatoms thrive and increases in the remaining SO. The
tropics and subtropics are characterised by pronounced increases in diazotroph bio-
mass in the Pacific and decreases in the Indian and Atlantic Ocean. The relative
contribution of diazotrophs to phytoplankton biomass remains small, with values
by an order of magnitude lower than for diatoms and small phytoplankton. How-
ever, changes in diazotroph population affect the marine N inventory as they are
the only PFT capable of N fixation. Nitrogen fixation drops significantly in regions
of reduced diazotroph biomass and might add to the prevalence of N as the most
limiting nutrient for diatom and small phytoplankton in large parts of the Indian
and Atlantic Ocean.

Most of the immediate changes in phytoplankton biomass in response to iron
fertilization are maintained or even intensified until the end of the considered sim-
ulation period. Diatoms outcompete small phytoplankton in large areas of the SO
while diazotrophs thrive in the subtropical Pacific. The northern North Atlantic, by
contrast, evolves from instantaneously enhanced diatom biomass to a pronounced

reduction. Here, small phytoplankton exhibit a similar inverse relationship to di-
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atom dynamics as in the SO. As diatoms dominate the central northern Atlantic in
the first decade after increased dust fluxes, small phytoplankton recede, exhibiting
slight increases at the eastern and western margins where diatom biomass decreased.
Reductions in diatom biomass by the 3680s are partially replaced by increases in
small phytoplankton biomass. Overall, positive and negative changes to the small

phytoplankton class in the North Atlantic seem balanced.

All phytoplankton exhibit mostly positive short-term responses to relieved Fe lim-
itation as a consequence of fivefold increased dust fluxes. The SO and the Pacific
Ocean are dominated by immediate increases in export production, stabilising and
intensifying over time. Outside these HNLC regions, nutrient trapping in the SO
reduces the northward transport of macro-nutrients to all ocean basins, resulting
in receding marine productivity. How far the observed dynamics correspond with
previous modelling studies and palaeoclimatological reconstructions will be topic of

the following chapter.
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5 Discussion

5.1 Comparison with Other Model Studies

Simulated global export production in the glacial CESM runs of 6.2 to 6.5 PgC/yr is
at the lower bound of similar model studies, estimating glacial export production to
6.7 to 8.5 PgC/yr (Muglia et al. 2017, Oka et al. 2011 & Yamamoto et al. 2019). The
overall pattern and magnitude of export production in both LGMstd and LGMbi
(see Section 4.1, Figure 4.2) agree well with simulations by Lambert et al. (2015)
and Muglia et al. (2017). They also find high productivity regions in the eastern
equatorial and North Pacific, the Arabian Sea, at the west African coast, off New
Zealand and east Patagonia. In the North Atlantic, their LGM simulations display
high export production at the east coast of North America, with outcrops spreading
to the eastern basin boundary. The most productive regions in the North Atlantic
reach values of 50 to 60 gC/m?/yr (Muglia et al. 2017, Lambert et al. 2015, respect-
ively). This is very similar to simulated export production in LGMstd, both in its
spatial extent and size.

As mentioned above, sensitivity analysis is a valuable tool to assess model re-
sponses to uncertain parameters, widely used in studies on the effect of iron fertiliz-
ation in the LGM. Yamamoto et al. (2019) focus on the role of increased glacial dust
fluxes globally while Oka et al. (2011) and Muglia et al. (2017) constrain changes to
the SO. Though experimental designs differ between these studies, as well as com-
pared to the LGMbi simulation in this thesis, a comparison of model results sheds
light on the underlying biogeochemical and physical mechanisms of glacial iron fer-
tilization, especially concerning the role of the SO under different dust deposition
and Fe solubility scenarios.

Comparing Oka et al.’s (2011) standard LGM simulation (simulation ‘LGM’) to
an experiment with 20-fold increased dust fluxes in the SO south of 60 °S (simulation
‘LGM2’), one can observe lower export production in the northern and western North
Pacific, and to a smaller degree in the Arabian Sea (see Figure 5.1). Productivity

increases markedly in all ocean basins between 30 to 60 °S but does not change in the
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Figure 5.1: Global map of simulated export production in Oka et al. (2011) LGM (left)
and LGM2 (right) as difference from pre-industrial control run (CTL). Contour interval
is 5gC/m?/yr. Values larger than 0 and 10 are indicated by light and heavy shading,
respectively. Adapted from Oka et al. (2011), Figures 4b & 5.

Atlantic Ocean north of 30 °S. Increasing SO Fe input substantially enhances export
production there, a finding that I share. Constraining changes in the dust flux to
the SO does not relieve Fe limitation in the Pacific HNLC regions as observed in
LGMb5i. Oka et al. (2011) acknowledge the effect of increased SO nutrient utilization
on Atlantic export production, but fail to reproduce it in their LGM sensitivity
experiment. This might be due to the biogeochemical model employed that only
accounts for the effect of light, Fe and P on phytoplankton growth and does not
include N as a limiting nutrient. It is NOj3 that is the primary limiting nutrient for
larger phytoplankton in that region (see Section 4.5). Neglecting the influence of N
deficiencies might thus overestimate North Atlantic productivity.

Similar to Oka et al. (2011), Muglia et al. (2017) conduct a sensitivity experiment
with an elevated soluble Fe flux in the SO (simulation ‘LGM_highFe’). Increasing
glacial Fe fluxes tenfold south of 35°S leads to locally enhanced export production
(see Figure 5.2). In the Indian and west Pacific Ocean productivity decreases slightly.
Regions of high POC flux in the northern and eastern North Pacific as well as in
the eastern subtropical South Pacific remain largely unchanged. Only the area of
east Pacific export production does not extend as far west. In contrast to Oka
et al. (2011) and in good agreement with CESM simulations of generally increased
dust fluxes, the Atlantic response to SO iron fertilization is a uniform decline in
productivity in the North and the western South Atlantic Ocean. The observed
pattern is very similar to LGMb5i, supporting the analysis that the SO response to
increased Fe is crucial at setting export production north of 30°S, especially in the
Atlantic.

In an attempt to improve simulated LGM dust deposition, Ohgaito et al. (2018)

include an additional glaciogenic dust source to model-based dust generation. This
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Figure 5.2: Global map of simulated export production in Muglia et al. (2017) default LGM
simulation (left) and LGM_highFe as difference from default LGM. Values in gC/m?/yr.
Adapted from Muglia et al. (2017), Figure 6.

improves underestimation of dust deposition in North America, Eurasia, the South
Pacific, the SO and Antarctica compared to the model-only dust fluxes. Yamamoto
et al. (2019) use these dust deposition experiments to study iron fertilization in the
LGM by running a model-only as well as a glaciogenic dust flux case assuming 3 %
Fe solubility in glaciogenic dust (‘LGM_glac3%’). In the latter, Fe deposition at the
ocean surface increases by up to an order of magnitude in the Arctic and the South
Atlantic Ocean, and less prominently in the Indian and west Pacific Ocean south of
30°S (cf. Figure S3, Yamamoto et al. 2019). As a consequence of enhanced primary
production in the SO, Yamamoto et al. (2019) report remarkable reductions in ex-
port production north of the iron-limited SO. The authors assign this to enhanced
consumption of NOj in the euphotic zone of the SO and subsequent transport of the
negative nutrient anomaly to low latitudes.

Observed patterns of nutrient limitation in the standard versus additional gla-
ciogenic dust scenario (cf. Figure 1, Yamamoto et al. 2019) agree well with modelled
nutrient limitations in LGMB5i (see Section 4.5, Figure 4.11) — despite the different
approaches to increasing Fe input. In both models, macro-nutrients replace Fe as
the primary limiting nutrient in the North and large parts of the east Pacific. Fe
limitation is also slightly reduced in the SO. Increasing dust fluxes fivefold every-
where underestimates Patagonian sourced Fe deposition in the South Atlantic as
modelled by Yamamoto et al. (2019). However, this is not reflected in patterns of
nutrient limitation as this region is already more limited by N than Fe.

With the crucial role of N and P inventories in mind, it is particularly interesting
to study the results of Yamamoto et al.’s (2019) additional sensitivity experiment
which increases NO3 and POy by 15 % globally (‘LGM_all’). This choice is justified
by a recent model study that finds glacial dissolved P to have been 17 to 40 % and
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dissolved N to have been 16 % higher than pre-industrial (Wallmann et al. 2016).
Enhanced nutrient availability in LGM_all leads to a 10 % increase in global export
production and generates an additional COs decrease of 16 ppm. Rises in marine
productivity occur from ~40°N to 60°S with largest increases in the Subantarc-
tic. The northern oceans above 40 °N remain largely untouched by changes in the
nutrient inventory (cf. Figure 3d, Yamamoto et al. 2019). Even if macro-nutrient
concentrations in the glacial ocean were substantially higher than pre-industrial,
the effect of nutrient trapping in the SO could only be mitigated slightly in the
mid-latitudes and hardly in the high latitude Northern Hemisphere. This has im-
plications for geo-engineered iron fertilization as a global warming remedy and future
developments of primary productivity under a changing climate.

Moore et al. (2018) find global warming induced SO nutrient trapping in a tran-
sient CESM simulation from pre-industrial to 2300, resulting in declines of C export
north of 30°S by 41 %. In a future climate, the poleward shift of the westerlies, in-
creasing SST and reduced sea ice cover drive marine productivity in the SO (Moore
et al. 2018). As a consequence, export production declines globally north of 60 °S,
except for the eastern tropical and northern North Pacific. Productivity increases in
the Southern and the Pacific Ocean are outweighed by large decreases outside these
HNLC regions. The authors attribute the increased eastern Pacific production to
elevated Fe concentrations near the upwelling zone. Basin-scale nutrient distribu-
tions indicate that the signal of SO nutrient trapping would continue propagating
northwards beyond 2300 (Moore et al. 2018). The initial North Pacific increase in
export production might thus recede in the long term.

Despite the different time periods considered in this thesis and Moore et al.
(2018), and thus differing physical fields and underlying mechanisms for enhanced SO
productivity, the response of the global ocean to SO nutrient trapping is stunningly
similar. To a certain degree, knowledge of the consequences of glacial SO iron
fertilization seems transferable to future increases in SO marine productivity. On the
other hand, the similarity of LGM and Anthropocene simulations might also allude

to model deficiencies in the representation of glacial characteristics (see Section 5.3).

5.2 Comparison with Reconstructed Marine Productiv-
ity

Reconstructing export production from palaeoproxies is not trivial and prone to

errors if one sole proxy is considered (see Section 2.2.2.1). Hence, the following col-
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lation of observed LGM/Holocene export production ratios (see Figure 5.3) as sum-
marised in Kohfeld et al. (2013) and extended by additional research in the equat-
orial Pacific (Costa et al. 2016, Durand et al. 2017), the North Atlantic (Bradtmiller
et al. 2016, Demina et al. 2019) and the (Sub-)Antarctic Ocean (Martinez-Garcia
et al. 2014, Thole et al. 2019) differentiates between all reconstructions (left) and

multi-proxy #°Th normalised evidence only (right).
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Figure 5.3: Reconstructions of C export in marine sediment cores, as summarised in
Kohfeld et al. (2013) and derived from additional studies by Fukuda et al. (2013), Martinez-
Garcia et al. (2014), Bradtmiller et al. (2016), Costa et al. (2016), Durand et al. (2017),
Demina et al. (2019) and Thole et al. (2019). Comparison of the LGM to the late Holocene
for all studies (left) and 239Th normalised multi-proxy studies only (right).

The main unambiguous features of glacial C export in multi-proxy studies are
lower values in the Antarctic Zone of the SO, the northern Pacific and large areas
of the eastern equatorial Pacific Ocean. The Subantarctic Atlantic, North Indian
and equatorial Atlantic Ocean are characterised by higher export production. Re-
constructions from sediment cores at the eastern margin of the North Atlantic and
Pacific Ocean as well as in the western equatorial Pacific are inconclusive. The
uniformly increased productivity in the Subantarctic Ocean lends support to the
hypothesis of nutrient trapping in the SO.

The comparison between reconstructed and simulated productivity is complic-
ated by the differing points of reference. While reconstructions interpret C export
fluxes in reference to the late Holocene, the thesis has focused on comparison of
LGM simulations with different aeolian Fe scenarios. The following analysis shall
close this gap by briefly discussing LGM-Holocene productivity changes in CESM
in relation to reconstructions (see Figure 5.4).

The bimodal distribution of export production in the Southern Indian and At-
lantic Ocean is reproduced well in LGMbi, to a lesser degree in LGMstd. In the
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Figure 5.4: Global map of 10-year-mean changes in export production from LGMstd (left)
and to LGMS5i (right) compared to PRE in the 3680s. Circles indicate multi-proxy based
reconstructions as in Figure 5.3.

Subantarctic Pacific, the zero line falls on the 60° latitude in both LGM simulations
as expected from marine sediment cores.

In the equatorial Pacific, proxy studies seem to agree on (slightly) lower or un-
changed productivity, aside from one core outside the upwelling zone (Costa et al.
2016), associated with unchanged NO3 consumption. Both LGM model simula-
tions on the contrary display strong increases in export production in the equatorial
Pacific. Outside the upwelling zone, LGMstd is in better agreement with recon-
structions of lower productivity in the eastern Pacific, LGM5i with decreases in the
central tropical Pacific.

Recent palaeoproxy studies often include further parameters besides export pro-
duction to draw a broader picture of the interplay between marine productivity and
glacial nutrient utilization. Martinez-Garcia et al. (2014) find that increases in dust
flux and productivity are accompanied by increased NO3 consumption in the Sub-
antarctic Atlantic. Despite overlaying effects of the potential equatorward movement
of the Subantarctic Zone and an altered degree of NO3 consumption in the Antarctic
Zone, this is uniquely consistent with the theory of dust-borne iron fertilization. In
the Antarctic, glacial export production dropped while NO3 consumption increased,
possibly due to a reduced deep-ocean supply (Studer et al. 2015).

Costa et al. (2016) hypothesise that this increased NOj consumption in the
Subantarctic SO acted to decrease nutrient export from SAMW formation regions
and thus explains unchanged or lower productivity as well as an unchanged degree
of NOj3 consumption in the equatorial Pacific. If nutrient trapping in the SO was
responsible for productivity changes in the Pacific Ocean, one would expect lower
export production in the equatorial Pacific in LGMb5i than LGMstd. The sensitivity

experiment does find slightly decreased export production in a slim band of the
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equatorial Pacific Ocean compared to LGMstd but increased productivity north
and south of the equator. Depth transects of nutrient patterns in the CESM LGM5i
simulation (see Section 4.4, Figure 4.10 & Appendix, Figure A.12) suggest that
Costa et al.’s (2016) theory corresponds well to modelled nutrient concentrations in
the Atlantic Ocean, but does not explain increasing export production and below-
thermocline PO, and NOj3 enrichment in the tropical Pacific.

Nutrient trapping is not observed in LGMstd and hence could explain higher
productivity than expected from reconstructions. LGMb5i model simulations with
increased Fe fluxes clearly display effects of nutrient trapping in the Southern and
Deep Ocean and slightly lower productivity in the equatorial Pacific compared to
LGMstd (see Section 4.1, Figure 4.3) but still elevated levels compared to PRE.
Moreover, model results indicate that the effect of nutrient trapping is notably less
relevant in the Pacific than in the Atlantic Ocean due to the underlying dynamics
of lateral transport.

In CESM, levels of C fixation from NOj by the largest phytoplankton are elev-
ated in both glacial simulations (Appendix, Figure A.16). Diazotrophs and smaller
phytoplankton reduce overall C fixation from NOj in the tropical Pacific Ocean, but
not enough to outcompete diatom increases and thus the general trend of enhanced
NOj3 based C fixation. While foraminifera-bound reconstructions of the degree of
NOj3 consumption and modelled C fixation from NOjz cannot be compared one-to-
one, the overall trend of increased export production and increased NOs based C
fixation in the equatorial Pacific of both glacial simulations conflicts with proxy-
based evidence of reduced marine productivity. CESM seems to have a positive bias
compared to observations.

The majority of previous model studies implementing increased glacial dust fluxes
are in agreement with reconstructed decreased export production in the glacial
equatorial Pacific (e.g. Lambert et al. 2015, Buchanan et al. 2016, Muglia et al.
2017). CESM, however, exhibits a bias in this region. In contrast to expectations
connected to a generally higher simulated O, content compared to reconstructions
(Jochum et al. submitted), this bias does not result from overestimated N» fixa-
tion. Differences between pre-industrial and glacial diazotrophic N fixation in the
equatorial Pacific are minor (Appendix, Figure A.17). However, uncertainties in
modelled nutrient budgets might play a role for the bias in equatorial Pacific export
production (see Section 5.3).

Both LGM simulations show distinct increases in northern North Pacific export

production. Reconstructed lower LGM productivity lies outside the modelled max-
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ima. Kienast et al. (2004) argue that a highly stratified upper ocean, extensive sea
ice and light limitation could be responsible for lacking evidence of iron fertilization
in this HNLC region. Similarly, Gebhardt et al. (2008) hypothesise strong stratific-
ation to have inhibited the resupply of subsurface nutrients which proxies indicate
to have been high in the eastern and western subarctic Pacific. LGMbi exhibits
higher subsurface PO, and NOj3 concentrations in the North Pacific than LGMstd
and higher export production (see Section 4.2, Figure 4.6). Either CESM under-
estimates stratification in the North Pacific or the choice of drilling location was
unfortunate as it is not representative of the overall trend in glacial productivity.

In the Atlantic Ocean, reconstructions paint an ambiguous picture. Western mar-
gin productivity is enhanced in regions of modern coastal upwelling (Bradtmiller et
al. 2016) which is equally reproduced by both LGM simulations. The equatorial re-
gion lacks a clear signal across the entire width of the ocean basin. Bradtmiller et al.
(2007) argue that their results of increased marine productivity in the eastern equat-
orial region is in line with previous studies and admit conflicting reconstructions in
the western equatorial Atlantic. LGMstd productivity in this region is slightly above
pre-industrial values, LGMb5i slightly below as one would expect from enhanced SO
nutrient consumption and thus reduced lateral transfer to the Atlantic Ocean north
of 30°S.

The glacial CESM simulations are in good agreement with reconstructions where
multiple studies paint a coherent picture, namely the Antarctic and Subantarctic
and the North Indian Ocean. In the equatorial and North Pacific as well as in
large areas of the Atlantic Ocean studied proxies do not agree. These ambiguous
observations become slightly clearer if only multi-proxy 2*°Th normalised studies are
considered but still partially conflict with theoretical considerations on the effect of
iron fertilization in the SO which is estimated to be responsible for about three-
quarters of marine productivity north of 30°S (Sarmiento et al. 2004). On the
other hand, modelled patterns of LGM productivity underlie parametrisation and
modelling choices that might also introduce biases into e.g. nutrient distributions

or bioavailability of Fe.

5.3 Model Limitations

5.3.1 Physical Model

The CESM version employed in this thesis originally includes a new overflow para-

metrisation of the Nordic Seas, i.e. the Denmark Strait and Faroe Bank Channel,
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as well as of Antarctic Ross and Weddell Sea (Danabasoglu et al. 2010, Briegleb
et al. 2010). This representation of density driven flows through narrow straits and
channels and their subsequent injection into abyssal waters substantially reduces
the shallow penetration depth bias of NADW (Danabasoglu et al. 2010). As the
overflow parametrisation has not been fitted to appropriately capture palacoceano-
graphy, it is disabled in CESM, re-introducing a strong topographic barrier in the
Nordic Seas (Danabasoglu et al. 2010). This might produce an excessively strong
response of northern North Atlantic nutrient concentrations with pronounced reduc-
tions in all depths north of 60°N because missing overflow hampers the exchange
of water masses across the Greenland-Scotland ridge (see Section 4.3, Figure 4.8 &
Appendix, Figure A.10).

On the other hand, several studies of the LGM physical ocean state (e.g. Rahm-
storf 2013, Howe et al. 2016, Du et al. 2020) suggest a southward shift of NADW
formation which would similarly result in a more self-contained Arctic Atlantic. The
residual MOC in the LGM CESM simulations does not exhibit such a shift (Jochum
et al. submitted). Hence, the topographically isolated subpolar North Atlantic might
accurately represent the glacially confined Nordic Seas, but for the wrong reasons.

Further discrepancies between the modelled and observed glacial ocean are higher
O, contents and a higher ventilation rate of the abyssal ocean compared to pre-
industrial in contrast to reconstructions (Jochum et al. submitted). The challenges
of model-observation comparisons and implications of a better ventilated and oxy-
genated glacial ocean for DIC levels have already been discussed in Jochum et al.
(submitted). Simulated O concentrations also interact closely with the N cycle
through denitrification in oxygen-poor regions (Moore et al. 2013a). If CESM un-
derestimated LGM OMZs, reduced denitrification would result in overestimation
of N availability for phytoplankton growth. However, a larger LGM/PRE ratio
of marine Oy than expected does not necessarily mean that LGM simulations are
unrealistic. It could also result from the documented excessively large subsurface
OMZs in PRE (Lindsay et al. 2014, Jochum et al. submitted).

5.3.2 Macro-Nutrient Cycles

The modern N cycle in BEC exhibits negative NOs biases as a consequence of
small imbalances of N sources and sinks (Moore et al. 2013a). Riverine N input
and sedimentary losses due to denitrification and burial are not implemented in the
model. The interglacial ocean loses Ny on the long-term (Moore et al. 2013a). Water

column denitrification exceeds current estimates due to largely overestimated OMZs
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(Lindsay et al. 2014). In an effort to achieve a more realistic representation of the
modern N cycle, Moore et al. (2013a) use a constant scaling factor which reduces
denitrification by more than 50 %, allowing simulated N to nearly balance. With
this parametrisation of the N cycle fitted to modern observations, caution should be
exercised when studying N dynamics in the context of climate change (Moore et al.
2013a). Manually downscaling denitrification increases N concentrations. However,
global macro-nutrient patterns in CESM do not hint at an overestimation of NOj
compared to PO, at the LGM. Due to the well oxygenated glacial ocean, denitri-
fication is confined to negligibly small areas and manual downscaling thus does not
change phytoplankton N limitation.

Further modelling choices affecting global nutrient distributions are prescribed
remineralization curves with a fixed length scale applied to sinking organic matter
(Moore et al. 2004). This overestimates the vertical distribution of PO, and DIC
at mid-depths and underestimates it below ~1000m in the modern ocean (Moore
et al. 2013a). If upper ocean POy remineralization is also overestimated in LGM
simulations, this might partially explain positive upper ocean PO, anomalies in
regions of high glacial export production, namely the North and eastern subtropical
and tropical Pacific.

In BEC, soft POM has one uniform remineralization length scale which de-
pends only on ambient temperatures (Moore et al. 2004). In reality, remineraliza-
tion varies by particle, with generally longer length scales for minerals compared to
macro-nutrients (Boyd et al. 2017), and further depends on i.a. Oy concentrations
(Laufkotter et al. 2017) and depth (Kriest and Oschlies 2008). Besides assigning
a temperature and O, dependent length scale for each nutrient, parametrisation of
remineralization could be improved by implementing a depth dependent reminer-
alization rate, i.e. a length scale increasing with depth in conjunction with size-
dependent sinking speeds based on surface particle size spectra (Kriest and Oschlies
2008). A longer remineralization length scale for Fe would reduce upper ocean con-
centrations and thus the effect of iron fertilization. The strength of this impact,
especially in view of other partially counter-acting parametrization choices of the
Fe cycle (see following Section), cannot be quantified. In the modern ocean, Moore
et al. (2013a) suppose that depth dependent remineralization curves would reduce
positive biases in PO, and DIC and negative biases in O, at mid-depth. Glacial
PO, reductions would not affect iron fertilization as it is N, not PO,, that limits
phytoplankton growth.

A first step towards a more sophisticated parametrisation of remineralization was
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taken in CESM2, the successor of CESM1 (Danabasoglu et al. 2020). The updated
biogeochemistry module MARBL implements variable C/N/P stoichiometry of the
DOM pool, allowing for variable production and remineralization rates of DOM
(Letscher et al. 2015). Additionally, MARBL breaks with the constant C/N/P stoi-
chiometry of phytoplankton in Moore et al. (2004) by introducing variable C/P
ratios as a function of ambient PO4 concentration (Galbraith and Martiny 2015).
Both parametrisations are based on modern marine observational data and should
thus be treated with caution when applied to glacial simulations. The effect of a
variable C/N/P stoichiometry on glacial CO4 sequestration, however, is non negli-
gible. Weber and Deutsch (2010) estimate that higher C/P ratios in the glacial SO
due to phytoplankton community shifts would reduce atmospheric COs by 15 ppm.

5.3.3 Marine Iron Biogeochemistry

Understanding of the Fe cycle in the ocean has advanced significantly in the past
decade, painting an increasingly comprehensive picture of sources, sinks and their
dynamical interactions (Tagliabue et al. 2017). Major simplifying assumptions on
marine Fe biogeochemistry in the early BEC model (Moore et al. 2002b) have been
revised by Moore and Braucher (2008) to include desorption of dissolved Fe, an im-
proved scavenging parametrisation and an elaborated sedimentary source. However,
the model lacks a more sophisticated representation of several critical components
of the Fe cycle.

BEC implements continental margins and shelf sediments as well as atmospheric
deposition as external Fe sources (Moore and Braucher 2008). While parametrisation
of the former has been improved since Moore et al. (2002b), the assumption of 3.5 %
Fe content by weight in mineral dust with a constant 2 % solubility has not been
revisited. Moore et al. (2002, 2004) explain their choice by a global mean 2%
solubility (Jickells and Spokes 2001) and the lack of information to develop a global
parametrisation (Fung et al. 2000). In recent years, such global scale datasets have
been compiled (Sholkovitz et al. 2012) and improved methodologies of modelling
atmospheric soluble Fe have been proposed (Hamilton et al. 2019). As the performed
CESM simulations have shown, atmospheric Fe deposition plays a crucial role for
the LGM climate. Besides assumptions on Fe content in dust and its solubility, this
also includes the estimation of the land-atmosphere flux.

Dust mobilisation in CESM is based on a mineral aerosol entrainment and de-
position module which is embedded in a chemical transport model (Zender et al.

2003). Comparison with satellite and in situ observations showed that the model

26



5.3. MODEL LIMITATIONS

predicts mineral aerosol distributions in the period from 1979 to 2000 well (Luo
et al. 2003) and captures trends and magnitude of glacial dust deposition (Albani
et al. 2016). In some regions, however, the model deviates from reconstructions by
up to an order of magnitude (Albani et al. 2016). LGM dust deposition fluxes in
CESM are overestimated in Antarctica and Greenland, and underestimated in the
equatorial Pacific.

Atmospheric dust fluxes and Fe solubility are closely interwoven. How uncertain-
ties in the former propagate into soluble Fe deposition depends on the underlying
assumptions of the latter, e.g. assigning a constant 2% Fe solubility as in Moore
et al. (2002b), implementing size dependence or modelling it as a function of total
aerosol Fe load (Albani et al. 2016). Assuming a constant 2% Fe solubility, the
uncertainties in dust fluxes translate into higher deposition of soluble Fe in the cent-
ral and North Atlantic and lower deposition in the equatorial Pacific compared to
observations (Albani et al. 2016). In the SO, CESM results are at the lower end of
observationally constrained estimates. Here, excessively large dust deposition might
not translate into higher soluble Fe fluxes as a 2% solubility is not representative
of the LGM Antarctic and Subantarctic Ocean. Reconstructions of Fe solubility in
the glacial SO found a mean LGM value of 10 % (Conway et al. 2015).

The uncertainty in modelled land-atmosphere dust fluxes together with the in-
fluential assumptions on Fe solubility calls for a revision of the parametrisation of
the atmospheric Fe source. A more realistic and regionally differentiated repres-
entation of dust-borne, soluble Fe would move the SO more towards the LGMb5i
scenario. Even if CESM currently overestimates dust fluxes in Antarctica compared
to reconstructions, this effect seems to be overcompensated by a too-low solubility
(Albani et al. 2016). In other key regions, it is hard to predict how an improved
parametrisation of dust fluxes would interact with revised Fe solubility.

Besides dust-borne and sedimentary sourced Fe, hydrothermal activity (Tagliabue
et al. 2010), riverine inflow (Rijkenberg et al. 2014, Krachler et al. 2019) and sea ice
(Lannuzel et al. 2016) are important external sources on regional to global scales,
not incorporated in BEC. A global ocean circulation model coupled with a biogeo-
chemical model including hydrothermal vents assigns a minor but not insignificant
role to the hydrothermal Fe source at the LGM (Muglia et al. 2017). The authors
point out that model limitations and uncertain knowledge of Fe biogeochemistry do
not allow a robust estimate of the role of different Fe sources in a glacial climate.
This emphasises that future work is necessary to further explore the contribution of

different external Fe sources to LGM ocean fertilization.
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Another crucial component of the marine Fe cycle are organic ligands, exerting
control over regeneration and scavenging (Boyd and Ellwood 2010). In BEC, the ef-
fect of ligands on scavenging is included implicitly: scavenging rates increase rapidly
at high values of dissolved Fe, when Fe assumedly exceeds ligand concentrations,
and progressively decreases at low values of dissolved Fe, accounting for reduced
scavenging losses due to iron-complexing ligands (Moore and Braucher 2008). How-
ever, biogeochemical models are very sensitive to changes in ligand concentrations
(Tagliabue et al. 2014). Doubling concentrations in a pre-industrial ESM simu-
lation yields an additional 10 ppm CO, drawdown as well as a 10% higher PO,
consumption in the euphotic zone (Parekh et al. 2008). Iron-binding ligands main-
tain the soluble Fe stock and might enhance solubility of particulate and colloidal
Fe (Gledhill and Buck 2012). Explicitly including ligand dynamics in BEC would
be computationally expensive but could improve simulations of the ocean Fe cycle
(Moore and Braucher 2008). If standing stocks of dissolved Fe were higher due
to iron-complexing ligands, this would further reduce Fe limitation in HNLC re-
gions and enhance phytoplankton growth. Simultaneously, increasing consumption
of macro-nutrients in the SO would limit marine productivity outside these regions.

Phytoplankton exhibit substantial variations in their stoichiometry, i.e. the Fe
consumption relative to C or PO, (Sunda and Huntsman 1997, Twining and Baines
2013). This is partially accounted for by variable Fe/C ratios for phytoplankton
depending on ambient Fe concentrations (Moore et al. 2004) but could be elaborated
further by distinguishing between diatoms and small phytoplankton. Additionally,
zooplankton’s stoichiometry in BEC is assumed fixed. Recent studies have shown Fe
quotas to decrease with increasing zooplankton size (Baines et al. 2015) or depend
on food quality (Chen et al. 2014). Furthermore, the model assumes fixed Redfield
ratios within phytoplankton groups and zooplankton: Variable elemental ratios in
Moore et al. (2002b) were replaced by fixed C/N/P ratios in Moore et al. (2004),
reducing the computational effort markedly. While it might be computationally
costly to re-introduce variable elemental ratios, its role for glacial export production
is non-negligible (Matsumoto et al. 2020). Allowing for flexible C/N /P stoichiometry
in a glacial ESM simulation increases C export by 20 % compared to the classical
Redfield ratio (Matsumoto et al. 2020).

Lastly, there is growing evidence that phytoplankton are able to acquire non-
dissolved Fe, especially under Fe limited conditions (Strzepek et al. 2011). While
this might be less relevant for glacial simulations of a more abundant Fe inventory, it

points to the relevance of Fe bioavailability for phytoplankton growth. BEC assumes
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the complete dissolved Fe pool to be bioavailable (Moore et al. 2004). Bioavailability
thus directly depends on the strength of sedimentary and mineral dust sources where
considerable uncertainties persist (Moore and Braucher 2008). Recent analysis of
dust-borne Fe speciation in marine sediments of the Subantarctic Ocean revealed
that the total Fe flux was only 3 to 5 times higher during the LGM but highly
bioavailable Fe(II) increased by a factor of ~15 to 20 (Shoenfelt et al. 2018). Higher
glacial bioavailability would further fuel SO productivity but simultaneously reduce
the lateral transport of macro-nutrients.

To some extent, the LGM sensitivity simulation with fivefold increased Fe fluxes
corresponds better to observations and theory (Costa et al. 2016, Sarmiento et al.
2004) than the standard LGM run. Nutrient trapping does not occur in LGMstd
(Appendix, Figure A.9), in contrast to increasing evidence of a glacial SO control
on global nutrient distributions. As LGMbi shows, Fe deposition to the ocean plays
a crucial role in modulating marine productivity and nutrient distributions. Several
levers exist to improve representation of the Fe cycle in the model, some of which
have already been tested with CESM (e.g. improved dust parametrisation (Albani et
al. 2014), incorporation of sea ice bearing Fe (Wang et al. 2014) and atmospheric Fe
processing (Hamilton et al. 2019)). Among the most important changes would be a
variable Fe solubility that reflects glacial-interglacial as well as regional discrepancies,
and an improved parametrisation of iron-complexing ligands.

Besides Fe, the role of other minerals acting as micro-nutrients to marine pro-
ductivity receives increasing attention (Moore et al. 2013b). Enrichment experi-
ments, as those performed by the founder of the iron fertilization theory, John H.
Martin (1988, 1990), found co-limitation of Fe not only with N and P (North et
al. 2007), but also with N and cobalt (Browning et al. 2017) as well as with man-
ganese (Pausch et al. 2019). These minerals are not yet reflected in common ocean
biogeochemistry models but could provide further insights into the impact of mineral
elements on ocean biogeochemistry in a glacial climate. Research is only beginning
to understand the multiple interactions between trace metals and vitamins concern-
ing phytoplankton growth (Browning et al. 2018, Koch and Trimborn 2019) and
thus cannot predict the role of other micro-nutrients and vitamins for glacial iron

fertilization.

Despite the shortcomings discussed above, CESM1’s overall pattern and magnitude
of export production in response to glacial iron fertilization agree well with recent
studies employing biogeochemical ocean models. The effect on atmospheric CO,

drawdown of 15 ppm (Jochum et al. submitted) is in the range of estimates of 4 to
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23 ppm opened up by Muglia et al. (2017) and Nickelsen and Oschlies (2015). The
effect of nutrient trapping in the SO is visible in studies increasing Fe deposition only
in the SO (Oka et al. 2011, Muglia et al. 2017) as well as in sensitivity experiments
trying to improve the representation of glacial dust fluxes globally (Yamamoto et
al. 2019). SO nutrient trapping is a robust finding across models and dust flux
representations but remains limited to sensitivity tests. This calls for improved

parametrisation of the glacial Fe cycle and nutrient dynamics in ESMs.

60



6 Conclusion

The coupled, biogeochemistry-enabled Community Earth System Model (CESM)
version 1.0 has been employed to study the effect of glacial iron fertilization by
airborne dust as one possible explanation for increased binding of atmospheric CO,
at the Last Glacial Maximum (LGM). A standard LGM simulation (LGMstd) was
compared to a sensitivity run with globally fivefold increased aeolian dust fluxes
(LGM5i).

Analysis of the temporal relationship between increases in dust-borne iron (Fe)
and marine export production reveal a dichotomous response between High-Nutrient
Low-Chlorophyll (HNLC) regions and the rest of the global ocean. Export produc-
tion increases in large areas during the first 10 years after quintupling dust fluxes,
especially in the Southern Ocean (SO), the eastern and North Pacific as well as in
the North Atlantic Ocean. Within the following centennials, however, immediately
enhanced marine productivity recedes or reverses outside HNLC regions and areas
with neutral or negative responses exhibit further declines.

Over the course of the simulation, macro-nutrients enrich in the Southern and
Deep Ocean and decrease in the upper ocean north of the SO. Upper ocean declines
are most pronounced in the Atlantic Ocean, followed by the Indian Ocean and
to a lesser degree by the Pacific Ocean. In the subpolar North Atlantic decreased
nutrient concentrations reach well below 2000 m, while all other ocean basins exhibit
increasing macro-nutrients with depth.

On short timescales, relieved Fe limitation due to increased aeolian dust fluxes
stimulate marine productivity in large areas of the LGM ocean. Iron fertilization
in the nutrient-rich SO continues to enhance export production in the following
centennials. Resulting higher consumption of macro-nutrients in the Subantarctic
Ocean has major implications for export production north of 30°S, transferring
phosphate (PO,) and nitrate (NO3) to the deep ocean and reducing the lateral
transport of these macro-nutrients in all ocean basins. The SO’s crucial role as a
nutrient provider to the global ocean weakens substantially as nutrients are stripped

out of surface waters and transferred to the deep ocean. On longer timescales,
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declining macro-nutrient concentrations act to reduce export production outside
nutrient-rich HNLC regions.

The effect of SO nutrient trapping is especially strong in the North Atlantic,
and to a lesser degree in the West Pacific and Indian Ocean where rising nutrient
deficiencies limit phytoplankton growth. In the nutrient-rich northern and eastern
equatorial Pacific thermocline nutrients decline slightly but not enough to hinder
biological production. Diatoms and small phytoplankton thrive in this generally
nutrient-rich environment that is less dependent on SO thermocline nutrient export
than the North Atlantic.

Increasing export production in the Southern and parts of the Pacific Ocean out-
weigh declines outside these HNLC regions, so that C export in LGM5i is about 4.6 %
higher than in LGMstd, yielding an additional ~15ppm reduction of atmospheric
CO4. This is in line with previous studies, but only about a quarter of the pro-
posed 40 ppm by Watson et al. (2000). The observed effect of SO nutrient trapping
under glacial iron fertilization suggests an upper bound to the estimates. Similar
sensitivity tests of stimulated SO biological production report an additional CO,
sequestration of 9 to 24 ppm, depending on the inclusion of a decreased sedimentary
iron source (Muglia et al. 2017), and 15.6 ppm in Yamamoto et al. (2019). Even if
glacial Fe fluxes to the SO were higher than assumed in the sensitivity experiments,
global export production and thus CO, sequestration do neither increase linearly
nor infinitely with increasing Fe fluxes, as they are limited by nutrient availability
that is to a large degree set by the SO.

The performed simulations provide a good estimate of the magnitude of the iron
fertilization effect at the LGM and elucidate the underlying mechanisms and inter-
play of marine biogeochemistry and ocean dynamics. Certain revisions of model
parametrisation would further contribute to a deeper understanding of the glacial
Fe cycle, such as the implementation of atmospheric Fe processing, variable solubil-
ity and dynamic ligand concentrations. The crucial importance of the first two has
been shown in the sensitivity experiment LGMb5i that develops nutrient trapping in
response to enhanced SO export production as expected from theory and observa-
tions (Sarmiento et al. 2004, Costa et al. 2016). In simulations of the modern ocean,
changes to ligand concentrations had a greater effect on atmospheric CO, sequestra-
tion than dust or hydrothermal sources (Tagliabue et al. 2014). What role did ligand
dynamics play in the LGM ocean? How can sensitivity experiments be reconciled
with their standard counterpart via inclusion of further essential Fe dynamics?

The implementation of additional and revision of existing parametrisations in all
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concerned model components could maximise the potential arising from the use of
a coupled, biogeochemistry-enabled ESM. CESM simulations of glacial iron fertil-
ization go beyond previous approaches that run ocean-only models (Lambert et al.
2015) or incorporate simplified atmospheric modules and thus rely on external dust
fields (Muglia et al. 2017). Modelling the interactions between atmosphere, ocean,
land, ice, and biosphere and their combined role for phytoplankton iron fertilization
comes with its own challenges but enables a holistic view of the underlying dynamics.

In his early formulation of the iron hypothesis Martin (1990) assigns “iron avail-
ability [...] to have been a player; [...]| whether it had lead role or a bit part” (Martin
1990, p. 10). In line with previous research, the CESM simulations analysed in
this thesis suggest that the magnitude of the effect of glacial iron fertilization is, if
not a lead role, a substantial contributor to marine CO, sequestration at the LGM.
Martin was right with his hypothesis that Fe enrichment in the SO could enhance
phytoplankton growth markedly, leading to a greater use of upwelled nutrients, and
that this productivity contributed to atmospheric COy drawdown. However, he did
not oversee the implications of enhanced SO biological production for phytoplankton
growth north of it. In this line, it is fortunate that his wildest dream did not come
true: “the ultimate enrichment experiment: [...] fertilization of the whole southern
ocean with 430 000 tons of Fe”.
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Figure A.1: Global map of 10-year-mean diazotroph Ny fixation anomaly (dNfix), averaged

over the upper 150 m depth in the 3000s (A), difference of 3100s-3000s (B) and 3680s-3000s
(C).
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Figure A.2: Global map of 10-year-mean PO,4 (A) and NOs (B) concentration anomaly,
averaged over 200 to 1000 m depth in the 3100s (left) and 3680s (right).
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Figure A.3: Global map of 10-year-mean SiO3 concentration anomaly, averaged over 200
to 1000 m depth (A) and 1000 to 2000m depth (B), in the 3100s (left) and 3680s (right).
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Figure A.4: Zonal mean Oy in the Pacific (averaged over longitudes 168-133°W) in
LGMstd (left) and LGM5i (right). 10-year-mean over the 3000s (A), and difference of
3100s-3000s (B), 3200s-3000s (C) and 3680s-3000s (D). Red contour line at O9 values of

4mmol/m?.



70N
_ SE
20N - é%
208\ ZE
QI—I
708
70N—" 0.05
8-
20N- ’ =&t
208\ 7 Ry s R I\ et ) -001 85
==L 5 i _ o 2 ’ 5 E
. |
70N
5%
20N 523“
==
208 %Eg’
@ E
70S -

Figure A.5: Global map of upper ocean mean phytoplankton C fixation from NOj (Cfixnos) by diatoms (Diat, row A), diazotrophs (Diaz,
row B) and small phytoplankton (SP, row C) in LGMb5i. 10-year-mean over the 3000s, 3100s and 3200s, averaged over the upper 150 m
depth.
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Figure A.6: Global map of upper ocean mean diazotroph Fe limitation (left) and No

fixation (Nfix) (right). Difference of 10-year-mean LGM5i in the 3100s to LGMstd in the
2990s, averaged over the upper 150 m depth.
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Figure A.7: Most limiting nutrient to diazotroph growth in LGMstd (left) and LGMb5i
(right). 10-year-mean over the 3200s.
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Figure A.8: Most limiting nutrient to small phytoplankton growth in LGMstd (left) and
LGMSb5i (right). 10-year-mean over the 3200s.



A LGMstd LGM5i 3000s
07 ——— ~—— — 35
t | { -
] 3.0 7
— 1500- ‘ ‘ ~_E..
E 25 3
£ 1 B
5,3000- 2.0 £
A 1.5 S
4500+ 10 g
1 . . o . . 0.5
70S 20S 20N 70N 70S 20S 20N 70N
0 B 3100s-3000s
— 1500
)
=
2 3000 0.4
4]
)]
4500
70S 208 20N 70N 70S 20S 20N 70N i
0 C 3200s-3000s ’
— 1500 g
E 3
= 0.0 E
23000 £
A -
4500 - 2
708 20S 20N 70N 70S 20S 20N 70N | _g,
0 D 3680s-3000s
1 —
— 1500
g
= ] -0.4
= 3000+
[<¥]
(]
4500+ _ _
708 208 20N 70N 70S 208 20N 70N

Figure A.9: Zonal mean PO, concentration in LGMstd (left) and LGM5i (right). 10-
year-mean over the 3000s (A) and difference of 3100s-3000s (B), 3200s-3000s (C) and
3680-3000s (D).
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Figure A.10: Zonal mean NOgz concentration in LGM5i. 10-year-mean over the 3000s (A),
and difference 3100s-3000s (B), 3200s-3000s (C) and 3680s-3000s (D).
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Figure A.11: Zonal mean SiO3 concentration in LGMb5i. 10-year-mean over the 3000s (A),
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Figure A.12: NOj concentrations in depth transects of the Atlantic (mean over 328-
346 °E), Southern (mean over 64-56 °S) and Pacific Ocean (mean over 168-133 *"W). LGM5i
10-year-mean over the 3000s (A), difference 3200s-3000s (B), and 3680s-3000s (C).



Atlantic Southern Ocean Pacific 3000s
160
140 _
120 B
=
100 -
80 =
L 60 O
40 =
20
0B ) 3200s-3000s
J 40
1000‘
St 30
£2000"
=
23000 20
@
= 4000- L' :
—— o =
50001 | £
6.C 3680s-3000s | 0
S
1000J _15 B
EzoooJ_
= -20
32,3000
A
40001 4 -30
5000
: -40

50N 25N 0 258 50S 50 85W  120W 50S 255 0 25N 50N

Figure A.13: SiOj3 concentrations in depth transects of the Atlantic (mean over 328-
346 °E), Southern (mean over 64-56 °S) and Pacific Ocean (mean over 168-133 °W). LGMb5i
10-year-mean over the 3000s (A), difference 3200s-3000s (B), and 3680s-3000s (C).
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Figure A.14: Global map of 10-year-mean PAR in LGMstd (left) and LGMb5i (right) in
the 3100s. Mean over the upper 150 m depth. Dashed line indicates 4 Wm? contour line.
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Figure A.15: Global map of upper ocean mean phytoplankton C biomass anomaly of diatoms (dDiatC, row A), diazotrophs (dDiazC, row
B) and small phytoplankton (dSPC, row C). 10-year-mean over the 3000s, 3100s and 3680s, averaged over the upper 150 m depth.
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Figure A.16: Global map of upper ocean mean phytoplankton C fixation from NOg
(Cfixnos) by diatoms (Diat, row A), diazotrophs (Diaz, row B) and small phytoplank-
ton (SP, row C). 10-year-mean over the 3680s, averaged over the upper 150 m depth.
Difference of LGMstd (left) and LGM5i (right) to PRE.
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Figure A.17: Global map of changes in diazotrophic N fixation (Nfix), mean over the
upper 150 m depth from pre-industrial CESM simulation (PRE) to LGMstd (left) and to
LGMSb5i (right) in 10-year-mean over the 3680s.
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